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Global Structure of the Mantle Transition Zone Discontinuiies and Site
Response E ects in the Atlantic and Gulf Coastal Plain

Zhen Guo
(ABSTRACT)

This dissertation focuses on two di erent topics in seismogy: imaging the global structures
of the mantle transition zone discontinuities and studyinghe site response e ects in the

Atlantic and Gulf Coastal Plain.

Global structures of the mantle transition zone discontinties provide important con-
straints on thermal structures and dynamic processes in thaid mantle. In this disserta-
tion, global topographic structures of the 410- and 660-kmistontinuities are obtained from
nite-frequency tomography of SS precursors. The nite-fiequency sensitivities of SS waves
and precursors are calculated based on a single-scatterif@prn) approximation and can
be used for data selection. The new global models show a numbg&smaller-scale features
that were absent in back-projection models. Good correlain between the mantle transition
zone thickness and wave speed variations suggests domihattiermal origins for the lateral

variations in the transition zone.

The high-resolution global models of the 410- and 660-km dantinuities in this disser-
tation show strong positive correlation beneath western Ntr America and eastern Asia
subduction zones with both discontinuities occurring at grater depths. Wavespeed and
anisotropy models support vertical variations in thermal sucture in the mid mantle, sug-
gesting return ows from the lower mantle occur predominary in the vicinity of stagnant
slabs and the region overlying the stagnant slabs. In oceanegions, the two discontinuities
show a weak anti-correlation, indicating the existence of secondary global far- eld return

ow.

The Atlantic and Gulf Coastal Plain is covered by extensive @taceous and Cenozoic

marine sediments. In this dissertation, the site responseeets of sediments in the Coastal



Plain region relative to the reference condition outside #t region are investigated using
Lg and coda spectral ratios. The high-frequency attenuatmofactors (kappa) in the Coastal
Plain are strongly correlated with the sediment thicknessAt frequencies between 0.1-2.86
Hz, the Lg spectral ratio amplitudes are modeled as functiors frequency and thickness
of the sediments in the Coastal Plain. Analysis of the residisgafrom the stochastic ground
motion prediction method suggests that incorporating theite response e ects as functions
of sediment thickness may improve ground motion predictiomodels for the Coastal Plain

region.



Global Structure of the Mantle Transition Zone Discontinuiies and Site
Response E ects in the Atlantic and Gulf Coastal Plain

Zhen Guo
(GENERAL AUDIENCE ABSTRACT)

The mantle transition zone is the region in the Earth's inteior between depths of 410
km and 660 km. The structure of the mantle transition zone plays ammportant role in
understanding temperature variations and mass exchangesthe interior of the Earth. This
dissertation aims at resolving depth variations of the toprad bottom boundaries of the man-
tle transition zone at a global scale using underside re estl seismic waves. The advanced
method used here resolved stronger small-scale depth véigas of the boundaries than a
conventional method using the same dataset. The two mantleansition zone boundaries
both occur at depths greater than the global average beneatfastern Asia and western North
America where cold oceanic lithosphere subducted under thentinents. This positively cor-
related behaviors of the two boundaries agree with a scemanvhere cold subducted slabs
have been horizontally de ected and stagnant above the baitn boundary of the mantle
transition zone while hot materials beneath the mantle trasition zone ow upwards due to
the stagnant slabs penetrating the bottom boundary of the nrdle transition zone. This
dissertation also provides an examination of the di erensebetween response of earthquake
ground shaking in the Atlantic and Gulf Coastal Plain and tha outside the Coastal Plain
using seismic-wave spectral ratios. Ground shaking in theo@stal Plain is found to be am-
pli ed at low frequencies and de-ampli ed at high frequen@s relative to that outside the
Coastal Plain due to the extensive marine sediments in the @stal Plain region. The am-
pli cation and attenuation factors can be estimated from spctral ratios and are found to
be strongly correlated with the sediment thickness in the Gwtal Plain. The spectral ratio
functions derived in this dissertation may be adopted by stlies on analyzing the seismic

hazard in the Central and Eastern United States.



Acknowledgments

Pursuing the Ph.D degree in geosciences in Virginia Tech haedm a precious and unfor-
gettable experience for me. During my graduate study, | reised tremendous help, support

and encouragement from a lot of people that lead me to the sassful defense.

First of all, | would like to thank my advisors Dr. Ying Zhou andDr. Martin C. Chapman
for their great patience and thoughtful guidance. I'm trulygrateful for being able to work
with Dr. Zhou on global seismology. She has been inspiringdaguiding me to be prepared
as a seismologist. | have bene ted a lot from her professidrekills and solid knowledge.
Dr. Chapman has also been a great mentor for me. He guided meoairihe elds of ground
motion predictions and analyzing seismic sources. It hasdrean honor working with such a
knowledgeable professor as him. | also want to thank my conieie members, Dr. Julianne
Chung and Dr. John A. Hole, for their continuous support and castructive suggestions on

my Ph.D researches.

| would like to thank other faculty members in the Departmentof Geosciences, Dr. Scott
King, Dr. James Spotila, Dr. Sarah Stamps and Dr. Robert Wessfor their informative

lectures and instructive discussions.

| also want to express my great gratitude to Geosciences st Sharron Collins, Mark

Lemon, Connie Lowe, Mary McMurray, Mary Jane Smith and Jo Thaason for their support



and help during my graduate study in Derring Hall.

Many thanks to my fellow graduate students Amin Abbasi Baghbaatrani, Jessica DePao-
lis, Joshua Jones, Shangxin Liu, Tahiry Rajaonarison, TyleRasmussen, Shuyang Sun and
Hao Wu for their encouragement and help. | also want to thank mygear friends Liang Han,
Kannikha Kolandaivelu and Qimin Wu for their support and hep during my researches. |

have been enjoying the chatting and discussions with them.

| would like to express my deep gratitude to my mom, dad and btieers. They have
always been there supporting and comforting me. My parentsabe spared no e ort to
encourage me to fulll my dreams. | also want to thank my sistein-law for taking care
of my family. Finally, 1 would like to deeply thank my husband Hongrong Wu, who has
been continuously supporting and helping me during my gradie life. With his patient and

gentle encouragements, he has been helping me live througltwlt times.

Vi



Contents

Abstract i
General Audience Abstract Y
Acknowledgments v
List of Figures X
List of Tables xXiii
1 Introduction 1
1.1 Global Structure of the Mantle Transition Zone Discontiuities . . . . . . . . 1
1.2 Site Response E ects in the Atlantic and Gulf Coastal Pila . . . . . . . .. 4
1.3 Summary of Dissertation Chapters . . . . . .. .. .. ... .. ...... 6
Bibliography . . . . . . . 9
2 Finite-Frequency Imaging of the Global 410-km and 660-km Di scontinu-
ities Using SS Precursors 14
2.1 Introduction . . . . . . .. 14

Vil



2.2 Finite-Frequency Traveltime Measurements . . . . . . . . ... . ... ... 17
2.3 Finite-Frequency Sensitivities to Boundary Perturbabns . . . . . . ... .. 18
2.4 The Inverse Problem . . . . . .. ... . . ... 21
2.5 Finite-Frequency E ects in Discontinuity Imaging . . . .. .. ... ... .. 22
2.6 Crust and Mantle Corrections . . . . . . . . . .. ... ... 24
2.7 Discontinuity Topography and Wavespeed Structure . . . . . . ... .. .. 27
2.8 Comparison with Previous Global Models . . . . .. ... ... ...... 29
2.9 CoNnClusIONS . . . . . . 3
Bibliography . . . . . . . e 2
Global Return Flow above Stagnant Slabs from Mantle Transi tion Zone
Tomography 54
3.1 Introduction . . . . . . . 54
3.2 Dataand Methods . . . ... ... .. .. ... 56
3.2.1 Finite-frequency sensitivity kernels . . . . . ... ... ... .. .. 58
3.2.2 Theinverse problem . .. ... .. .. ... 58
3.3 The Global Subduction Zones . . . . . . ... .. ... ... .. . ... .. 59
3.4 Global Return Flow above Stagnant Slabs . . . . .. ... ... ...... 61
3.5 Structures in Global Oceanic Regions . . . . . ... ... ... . ...... 63
3.6 Comparison with Previous Global Models . . . .. .. .. ... ...... 64
3.7 Conclusions . . . . .. 55
Bibliography . . . . . . . e &

viii



4 Using Spectral Ratios to Examine Ampli cation and Attenua tion E ects

in the Atlantic and Gulf Coastal Plain 84
4.1 Introduction . . . . . . .. 84
4.2 Dataand Analysis . . . . . . . 90
4.3 Quantifying Site Response as a Function of Sediment Thitess . . . . . .. 99

4.4 Target Spectra for the Stochastic Method and Evaluatioof the Site Response

Model Using Residual Analysis . . . . . . . . . . .. ... .. .. .. ... . %0)
45 Conclusions . . . . . .. e e B
Bibliography . . . . . . . e D9



List of Figures

2.1 Ray paths ofSS, S4105 and S6605 waves at epicentral distances of of 110
and 150. The star and triangles indicate locations of the earthquakevent

and the recording stations, respectively. . . . ... ... ... ... .. ..

2.2 (a) Distribution of 1117 teleseismic earthquakes < Mw< 8:5) used in this
study. The epicentral distance of the dataset ranges from 9@ 160. (b)
Locations of 150 GSN stations used in thisstudy. . . . .. ... ......

2.3 (a) and (b) are a 100-second cosine taper in the time domand its spectrum
in the frequency domain, respectively. (c) Example obsemeand synthetic
seismograms with clealSS, S4105 and S6605 waves, recorded at station
EFI (longitude= 5806 , latitude= 51:68) for a 2003 Indonesia earthquake
(My, = 6:9). The shaded areas indicate time windows used for travetie

measurements. . . . . . . e e e e e

2.4 (@) Bird-eye view of example nite-frequency sensitity of an S4105 wave at a
period of 20 seconds to depth perturbations of the 410-km dantinuity. The
epicentral distance is 133and the mapview of the sensitivity kernel is plotted
in (c) where the earthquake (star) is located o the west coa®f Mexico and
the station LBTB (triangle) is in Africa. The sensitivity of t he corresponding
S6605 to depth perturbations on the 660-km discontinuity is ploted in (b)
and (d). . . . ..



2.5

2.6

2.7

2.8

Zoom-in view of sensitivity kernels 054105, S6605 and SS waves recorded at
station BJT (longitude=116:17 , latitude=40:02 ) with an epicentral distance
of 120 from a M,, 6.3 earthquake in Puerto Rico area. Th&S sensitivities
are much smaller in magnitude and plotted on di erence coloscales. SdS
and SS waves have di erent sensitivity polarity as a depression dhe 410-km
(or 660-km) discontinuity will speed upSdS waves but slow downSS waves,

and vice versa foran uplift. . . . . . ... 41

Finite-frequency e ects in imaging depth perturbatios of the 410-km and
the 660-km discontinuities. (a) depth perturbations of the410-km disconti-
nuity inverted from SdS-SS traveltime measurements using nite-frequency
sensitivity kernels. (b) and (c) are ray-theoretical baclprojection models
where perturbations are averaged in a moving circular cap tiia radius of
6 (BP1l) and 4 (BP2). (d){(f) are the nite-frequency and ray-theoretical
back-project models for depth perturbations on the 660-kmistontinuity. The
nite-frequency model and ray-theoretical back-project madels are obtained
using the same traveltime data without crustal and mantle w&espeed correc-

HONS. . . 42

(a) is the sensitivity density (diagonal elements of thenatrix ATA) in nite-
frequency tomography of the 410-km discontinuity. (b) andd) are the number

of traces per circular cap in the back-projection models BPdnd BP2, respec-
tively. (d)-(f) are the same as (a)-(c) but for the 660-km disontinuity models
INFig. 2.6. . . . . . e 43

(a) Correlation coe cient as a function of spherical hamonic degree between
the nite-frequency 410-km discontinuity model and the twoback-projection
models in Fig. 2.6. (b) Same as (a) but for the 660-km discontiity models. 44

Xi



2.9 (a)and (b) areS4105-SS and S6605-S S di erential traveltime measurements

at a period of 20 s without crustal and mantle corrections. Té measurements

are plotted at the bounce points oSS waves. (c) and (d) are the same as (a)

and (b) but with data corrected for crustal and mantle wavesped variations
using models CRUST1.0 and S40RTS. (e) and (f) are the same apdnd (d)

but with mantle corrections using model S362ANI+M. . . . . .. .. .. ..

2.10 (a) Scatterplot 0fS4105 SSdi erential traveltime measurements with man-
tle corrections made using model S40RTS (Ritsema et al., 201and model
S362ANI+M (Moulik & Ekstrom, 2014). (b) and (c) are depth perturbations
of the 410-km discontinuity from nite-frequency tomograjy with traveltime
corrections made using model S40RTS and S362ANI+M, respeety. (d)-(f)

are the same as (a)-(c) but for the 660-km discontinuity. . . . . .. .. ..

2.11 (a) spectra power per spherical harmonic degree of theite-frequency 410-
km and 660-km discontinuity models in Fig. 2.6 and the corrpsnding mantle
transition zone thickness. (b) and (c) are the same as (a) bér discontinuity
models in Fig. 2.10 where traveltime corrections have beerade using model
S40RTS and S362ANI+M respectively. (d) Correlation coe ciets as a func-
tion of spherical harmonic degree between the discontinyimodels obtained
with and without corrections based on model S40RTS (Figs 2&2.10). (e) is
the same as (d) for models with and without traveltime corrdtons made us-
ing model S362ANI+M. (f) correlation coe cients between modés obtained

with corrections made using models S40RTS and S362ANI+M.

xii

a7



2.12 (a) and (c) are the nite-frequency 410-km and 660-km sitontinuity models
with data corrections made using model S40RTS (Fig. 2.10).b) and (d)
are wavespeed perturbations in model S40RTS at depths of 44:@d 660 km,
respectively. (e) and (f) are maps of the mantle transitionane thickness and
average wavespeed in the mantle transition zone, respeelix (g) correlation
between discontinuity depth perturbations and wavespeedepturbations as a
function of spherical harmonic degree; (f) correlation beten the 410-km and
660-km discontinuity models in 1-D (no correction) and 3-Dwith correction)

wavespeed models. . . . ... 48

2.13 Average mantle transition zone thickness in 1-D (leftyal 3-D (right) wavespeed
models. In the oceans, the thickness is averaged over eve@ynZillion year
age band and there is no apparent dependence on the age of tha or.
The average thickness of the mantle transition zone in congntal areas is
calculated for Asia (AS), Europe (EUR), North America (NA), South Ame-
ica (SA), Africa (AFR) and Australia (AUS). The mantle transition zone is
thicker under the continents than under the oceans, espeltyaafter crustal

and wave speed corrections are applied. . . . .. ... ..o L 49

2.14 This gure compares the topography of the 410-km and 6&dn discontinuity
as well as the thickness of the mantle transition zone from Y#c) this study,
(d)-(f) Lawrence & Shearer (2008), (g)-(i) Gu et al. (2003) rad (j)-(I) Houser
etal. (2008). . . . .. 50

2.15 Correlation between discontinuity models in this studand model LS08 (Lawrence
& Shearer, 2008). The coe cients are plotted as function ofgherical har-
monic degree from 1 to 20 for depth perturbations on the 410¥kdiscontinuity,

the 660-km discontinuity and the thickness of the mantle trasition zone. . 51

Xiii



2.16 (@) the 410-km discontinuity model in this study ltered to spherical harmonic
Il 2,1 6andl 12. (b)isthe same as (a) but for the 410-km discontinuity
model from Lawrence & Shearer (2008). (c) and (d) are the sams (a) and

(b) but for the 660-km discontinuity. . . . .. .. .. ... ... ....... 52

2.17 Same as Fig. 2.16 but for models from Gu et al. (2003) and uder et al.
(2008). . . . 53

3.1 Tradeo curves of the inverse problem@'Gm GT'd)+ °m =0 with a
varying Tikhonov regularization parameter . The horizontal axis isjjmjj and
vertical axis isjjGTGm  GTdjj. The optimal models plotted in Fig. 3.3 are

indicated by stars. . . . . . ... 72

3.2 (a) and (b) are resolutions of the 410-km and 660-km distmuity models
in Fig. 3.3, plotted in every 4 4 grid cell based on diagonal elements of
the resolution matrix R. (c) and (d) are the corresponding sensitivity density

(diagonal elements of the matrixG'™G). . . ... ... ... ......... 73

Xiv



3.3 (a) and (b) are global depth perturbations of the 410-kmrad 660-km discon-
tinuities imaged from nite-frequency tomography of S4108S and S660S-SS
di erential traveltime measurements. (c) correlation betveen the 410-km and
660-km discontinuity depth perturbations represented byhe sum of the ab-
solute perturbations at the two discontinuities. The corrfation is positive (in
blue) in regions where both the 410-km and 660-km disconties occur at
depths greater than the global average; and is negative (ied) in region where
the 410-km discontinuity is deeper while the 660-km discantity is shallower
(typical anti-correlation signature for mantle plumes). @y regions with both
discontinuity depth perturbations larger than uncertainies (5 km) are plot-
ted. (d){(f) are the same as (a){(c) but models obtained usig traveltime
measurements corrected for 3-D seismic structure in the st(CRUST1.0) as

well as wavespeed variations in the mantle (S40RTS). . . . . .... . . . .. 74

3.4 Circum-Paci c positive correlation between the 410 and the 660. (a)
correlation between the 410 and the 660 depth perturbationgpresented by
the sum of their absolute perturbations. The correlation ipositive (in blue)
in regions where both discontinuities occur at depths great than the global
average; and is negative (in red) in region where the 410 iseger while the
660 is shallower (typical anti-correlation signature for mntle plumes). Only
regions with both perturbations larger than uncertaintied5 km) are plotted.
(b) the same as (a) but obtained using traveltime measuremesncorrected for
3-D wavespeed structure in the crust (CRUST1.0) and mantle d®RTS). . . 75

XV



3.5

3.6

3.7

Tomographic resolution tests for the 410-km and 660-knisgontinuity models

in Fig. 3.3. The input models have a spherical harmonic struuore, with degree

| =12 (top) and | = 20 (bottom), respectively. We generate synthetic data

using the input models and nite-frequency sensitivity kemels for the same
earthquake-station con guration, and the output models a& obtained with
the same inversion regularization parameters as used foretlmeal data. We

have added 20% of random noise in all synthetic data in the @ation tests.

(2){(f) are global models of the 410 km and 660-km discontities LS08
(Lawrence & Shearer, 2008), HO8 (Houser et al., 2008) and GO3u(@t al.,

2003). (g){(i) are correlations maps calculated as in Fig..8. . .. ... ..

Warm mantle above stagnant slab in the Western US. (a) and (b) are
S-wave velocity perturbations at depths of 400 km and 650 kmespectively
(Tian et al., 2011). (c) correlation between the 410 and thed® in the Western
US, only regions with consistent anomalies in Fig. 3.4(a) an®) are plotted.
(d) average radial anisotropy in the MTZ in model US22 (Zhu etlg 2017)
where negative Vsy < Vsy) radial anisotropy indicates dominant vertical
mantle ow. Dark red lines are major geological boundarielack dashed
line indicates subduction front in the MTZ. 3-D wavespeed nael in the red

box red in (a) and (b) is plotted in Fig. 3.8. . . . .. ... ..........

XVi

76

77



3.8 3-D wavespeed structure in the Western US and Cartoon illust ra-

3.9

tion of subduction with stagnant slab (a) 3-D rendering of S-wave slab
anomalies in the Western US. The isosurface represents 1%t fasd slow
seismic wavespeed anomalies at depths from 50 km to 1600 km USteS
boundaries are plotted at the surface for geographic refeme. Fast anoma-
lies in the upper mantle beneath the craton have been removédor better
illustration of the slab. (b) Cartoon (not to scale) illustrating the sinking of
a stagnant slab from the mantle transition zone into the lowemantle. The
blue triangle indicates thetrench in the MTZ. The 660-km discontinuity oc-
curs deeper (not illustrated) due to the cold stagnant slalmithe lower MTZ
and the 410-km discontinuity also occurs at greater depths@t illustrated)
due to warm return ows in a super adiabatic mantle and posslb trench

retreat in the MTZ. . . . . . . . . 79

Warm mantle above stagnant slab in Eastern Asia. (a) and (b) are
S-wave velocity perturbations at depths of 400 km and 650 kmoim Schae er
and Lebedev (2013). (c) correlation between the 410 and thé(®in Eastern
Asia, only regions with consistent anomalies in Fig. 3.4 (ayd (b) are plotted.
(d) average radial anisotropy in the MTZ in model SGLOBE-ran (Chang
et al., 2014), where negative radial anisotropWey < Vsy) indicates dominant
vertical mantle ow. Two dashed lines indicate subduction ystems in the

MTZ, roughly parallel to the present-day Ryukyu trench. . . .. . ... .. 80

3.10 The Hess Rise (HR) anomaly. (a) and (b) are correlations between the

410-km and 660-km discontinuity depth perturbations in thePaci c (same
as Fig. 3.4a and b); (c) the same correlation calculated ugirdiscontinuity
models published by Lawrence and Shearer (2008). The anoynelest of the
island of Hawaii (HW) becomes much weaker after wave speed @mtions.
The plume-likestructure south of Hess Rise (HR) is a consistent feature in all

three models. . . . . . . . . 81



3.11 The 410 and the 660 in oceanic regions. (a) depth perturbations of the

410 and the 660 in global oceanic regions, averaged over g\&f-million year
age band; (b) the same as (a) but for models inverted using traltime data

corrected using model CRUST1.0 and S40RTS . . . . .. ... ... .... 82

3.12 (a) depth perturbations of the 410-km and 660-km disctinuities in global

4.1

4.2

oceanic regions, averaged over every 20-million year agenthan models in-
verted using traveltime data corrected for 3-D crust and mate wavespeed
structures (S40RTS). (b) thickness of the MTZ as a functionfesea oor age in
global oceanic regions. (c) and (d) are the same as (a) and (@t for models

inverted with traveltime measurements corrected using meti S362ANI+M. 83

Geologic map of the central and eastern United States. laions and sta-
tion codes of the Earthscope Transportable Array (TA) statios (triangles),
the United States National Seismic Network (US) stations (hexams), the
Central and Eastern US Network (N4) stations (circles), the Lawnt-Doherty
Cooperative Seismographic Network (LD) stations (stars) ahthe Southeast-
ern Suture of the Appalachian Margin Experiment (Z9) statios (diamonds)
used in this study are indicated. The thick solid curve showthe boundary of

the Atlantic and Gulf Coastal Plain. Adapted from Garrity & Soller (2009). 115

Epicenters of earthquakes (circles) used in this stud§aizes of the circles are

scaled to the moment magnitude listed in Table4.2. . . ... ....... 116

Xviii



4.3 (a) Horizontal-component acceleration seismograms oeded at station 440A
in eastern Texas and station N35A in eastern Nebraska, from tidw 5.65 06
November 2011 earthquake in Oklahoma. The stations are at asthnce of

590 km. The shaded areas from left to right denote the windowssed for
calculating Lg and coda spectra respectively. (b) Correspding geometric
mean of coda and Lg spectra from the two horizontal recordiagat station
440A and station N35A using the windows de ned in (a). (c) andd) are
the same as (a) and (b) but recorded at station W02 in northerrilorida
and station T56A in western Virginia, from the Mw 4.11 15 Febrary 2014
earthquake in South Carolina, with epicentral distance of 390 km. (e) and
(f) are the same as (a) and (b) but recorded at station 438A inositheastern
Texas and station 433A in the Llano uplift of central Texas,rbm the Mw 4.33
13 October 2010 earthquake in Oklahoma, with epicentral demce of 500

K. .

XixX



4.4

4.5

In the top panel, (a) shows the geometric mean of Fourieceeleration am-
plitude spectra for horizontal-component coda waves, comfged from a 20 s
window at a lapse time of 334 s after the origin time of the 06 Nember 2011
Prague earthquake in Oklahoma. The black line and gray liner@ computed
from coda waves recorded at Coastal Plain stations 440A and ZA, underlain
by sediments of thickness 8 km and 2.5 km respectively. The thicker line is
the mean coda reference spectrum computed for non-CoastdaiR stations.
(b) Ratios of coda spectra at station 440A (black) and statio Z41A (gray)
shown in (a), to the mean reference spectrum (thicker line ifa)). The solid
line segments indicate the frequency ranges of spectralicat used for linear
regression (thicker lines). (c) and (d) are the same as (a) @iib) but for coda
waves from the 15 February 2014 South Carolina earthquakecorded at sta-
tion W02 with sediment thickness 2.5 km and station W21 with 0.5 km of
sediment. Coda spectra are calculated at a lapse time of 28@fter the event
origin time. (e) and (f) are the same as (a), (b) but for coda waes from the 13
October 2010 Oklahoma earthquake recorded at station 438Atkw sediment
thickness 8.0 km and station Z38A with 3.0 km of sediment. Coda spectra

are calculated at a lapse time of 225 s after the event origimte. . . . . . . 118

Di erential kappa ( k) from linear least square regression of coda spectral
ratios in this study (dots) and Lg kappa from Chapman and Conn2016)
(crosses) versus thickness of the post-Jurassic marine igeehtary section.
Outliers at the 5% and 95% level from an initial regression & removed
for the nal regression results shown here. Solid line showise least-square
regression tto both data sets, k = e 29327033 (regression modelin( k) =

( 2932 0:029)+(0:339 0:020)n(Z)), where Z is the thickness of Coastal
Plain marine sediment in km. The dashed lines are the 84 pentide and 16
percentile levels, calculated by adding and subtracting ghregression standard

error of estimate to the log-logdata t. . . ... ... ... ......... 119

XX



4.6 (a) Shear wave velocity and Q versus depth assumed for t@eastal Plain
(5 km sediment thickness). (b) Same as (a) for 12 km sedimertitkness.
(c) Di erential kappa ( k) values for the assumed model (dots), compared to

observed k and Lg kappa values (crosses). . . . .. .. ... .. ......

4.7 Natural logarithms of Lg spectra amplitude ratios versusediment thickness,
averaged over 8 frequency bands. The thick solid lines indte the piecewise
linear regression model t to the data. The corresponding 8gercentile and
16 percentile levels were calculated by adding and subtraag the regression
standard error of estimate to the means, and are indicated lte dashed lines.

The lower gure is zoomed into a smaller thickness range forlkeetter view of

the transition thickness (triangle). . . . . . . ... ... .. ... . ... 121

4.8 Natural logarithms of Lg spectra amplitude ratios (cross) averaged in 4
successive frequency bins versus sediment thickness, cara@ to predicted
amplitude ratios (dots) based on equation (4.9) with thé&k model in equation
(4.11). The shaded area shows the 84 percentile and 16 petiterrange of
the predicted amplitude ratios, based on the 16{84 perceidirange of the k
model calculated by adding and subtracting the regressiomasdard error of

estimate to the log-log data t (Equation 4.10). . . .. ... .. .. .. ...

4.9 Lg spectral ratiosRatio(f; Z ) from equations (4.15) and (4.16) with param-
eters listed in Table 4.4 for frequencies less than 2.86 Hz. Ky frequency
values are from equations (4.29) and (4.11). At the bottomhe shaded region
indicates the area bounded by the 16 percentile and 84 pertiEnlevels for

the ratio function with di erent sediment thickness. . . . . .. . ... ...

4.10 Uncorrected and corrected Coastal Plain station residis and reference sta-

tion residuals at di erent frequencies plotted versus disince and Coastal Plain

sediment thickness for the 08 November 2011 earthquake in tahOklahoma. 124

4.11 Same as Figure 4.10 but for the 08 April 2011 Arkansas eagtlake.

XXi

125



4.12 Same as Figure 4.10 but for the 10 November 2012 Kentuclartequake. . 126
4.13 Same as Figure 4.10 but for the 20 October 2011 Texas bgutake. . . .. 127

4.14 Same as the last two rows in Figure 4.13 except that thesiduals at reference
stations (open circles) have been corrected for the attertizn e ects of the

sediments near the earthquake source. The sediment thicleset the epicenter
Is 5.5 km.

4.15 Mean residuals as a function of frequency for earthqeakumbers 01-06 in
Table 4.1. At each frequency, the mean residual is obtained/ laveraging
all the residuals at the Coastal Plain stations or at the refence stations

respectively.
4.16 Same as Figure 4.15 but for earthquake numbers 07-12 eble 4.1. . . .. 130
4.17 Same as Figure 4.15-4.16 but for earthquake numbersii3Bin Table 4.1. . . 131

4.18 Mean residuals as a function of frequency for earthquwakumbers 10 and 13
in Table 4.1 (located in the Coastal Plain of Texas). At eachréquency, the
mean residual is obtained by averaging all the residuals abé¢ Coastal Plain
stations or at the reference stations respectively. The nesals at reference

stations outside the Coastal Plain have been corrected fott@enuation e ects

of the sediments near the source.

XXii



List of Tables

4.1 Earthquakes Usedin ThisStudy . . . . ... ... ... .. ... ...... 133
4.2 Network Instruments Used in ThisStudy . . . ... ... .......... 134
4.3 Number of Recordings for Each Earthquake Used in This Study . . . . . . 135

4.4 Linear Regression Coe cients of Natural Logarithms of Ld~ourier Spectra

Amplitude Ratios as a Function of Sediment Thickness in Kilomters . . . . 136

4.5 Linear Regression Coe cients of Natural Logarithms of Ld~ourier Spectra
Amplitude Ratios as a Function of Sediment Thickness in Kilogters at the

84 percentile level . . . . . . . . . .o 37

4.6 Linear Regression Coe cients of Natural Logarithms of Ld~ourier Spectra
Amplitude Ratios as a Function of Sediment Thickness in Kilogters at the

16 percentile level . . . . . . . . e 38

4.7 Seismic stations in the Coastal Plain . . . . . . . . . . .. ... ...... 139

XXiii



Chapter 1

Introduction

This dissertation focuses on two di erent topics in seismogy: imaging the global structures
of the mantle transition zone discontinuities using SS pracsors and studying the site re-
sponse e ects in the Atlantic and Gulf Coastal Plain using Lgand coda Fourier amplitude

spectral ratios.

1.1 Global Structure of the Mantle Transition Zone

Discontinuities

The mantle transition zone is the region separating the uppend lower mantle, bounded
by two global seismic discontinuities at depths of about 41@nd 660 km. It has been
commonly accepted that the 410- and 660-km discontinuitiese caused by pressure-induced
phase transitions of olivine (Ringwood, 1975; Anderson, 1Bdta & Stixrude, 1992). Phase
transition of olivine to wadsleyite happens at a depth of ahd 410 km with a positive
Claypeyron slope while ringiwoodite transforms to prevst@ and magnesiowustite at about
660 km depth with a negative Claypeyron slope (Hel rich, 20Q0ve et al., 2014). Thermal

and compositional variations in the transition zone will cange the exact depths of the 410-
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and 660-km discontinuities at which the phase transitionsagur. For example, the 410-km
discontinuity will be elevated and the 660-km discontinuit will be depressed in the presence
of low-temperature anomalies such as cold subducting oceaplates. Hot anomalies (e.g.
high-temperature upwellings) in the transition zone will épress the 410-km discontinuity
but elevate the 660-km discontinuity. Depth perturbationsof the two mantle transition zone
discontinuities and the variations in mantle transition zae thickness have been observed in
global studies since the 1990s and have been used to studyrth@ heterogeneities in the
mantle transition zone (Shearer, 1991; Flanagan & Sheard998; Gu et al., 2003; Lawrence

& Shearer, 2006; Houser et al., 2008).

Resolving the lateral undulations on the 410- and 660-km digntinuities with high res-
olution are important for understanding the thermal strucures and dynamical processes in
the mid mantle. For example, the style of mantle convection ay be determined by the
nature of the 660-km discontinuity which is generally condered a possible barrier for whole
mantle convection due to its negative Clapeyron slope (Clstensen, 1996; Deuss, 2009). A
major motivation in this dissertation is to study the less-onstrained convection patterns in
the mid- and lower mantle from high-resolution topographienaps of the mantle transition

zone boundaries.

A variety of techniques can be applied to image the topogra@s on the 410- and 660-
km discontinuities, including P-to-S converted waves (Sheet al., 1996; Li & Yuan, 2003;
Gao & Liu, 2014; Zhou, 2018; Lawrence & Shearer, 2006), mple-ScS reverberations (Niu
et al., 2000; Wang et al., 2017) and PP/SS precursors (Shegr&991; Shearer & Masters,
1992; Shearer, 1993; Shearer et al., 1999; Xu et al., 1998; GD&ewonski, 2002; Gu et al.,
2003; Chambers et al., 2005; Deuss, 2009). PP and SS preasrave underside re ected PP
and SS waves o the seismic discontinuities and arrive eati than the PP and SS waves
in the seismograms. PP and SS precursors are highly sengtio the structures near the
bounce point, which is approximately half way between the soce and receiver, thus can
provide better coverage in oceanic regions than P-to-S camed waves. Compared with SS

precursors, the PP precursors typically have much lower arijpide and are less detectable



Chapter 1. Introduction 3

(Estabrook & Kind, 1996; Deuss, 2009; Lessing et al., 2014)his dissertation focuses on the

SS precursors because of their relatively high signal-t@ise ratios and good global coverage.

Previous SS precursor studies on imaging the global 410- a6f0-km discontinuities
are mostly based on conventional ray theory (Flanagan & Shes, 1998; Gu & Dziewonski,
2002). When the scale length of anomalies becomes smallenrthhe width of the rst Fresnel
zone of SS precursors, ray theory breaks down and wave-fréndaling, scattering and other
nite-frequency e ects become signi cant. Therefore, theresolution in previous global 410
and 660 topographic models is limited by the large Fresnelm® of SS precursors (1000
km at 20 s). To improve the resolution of small-scale featusen the topographies, nite-
frequency e ects of the SS precursors have to be accounted f@ver the years, e orts have
been made to calculate the sensitivities of the SS precurgor the depth perturbations of
the corresponding discontinuity (Neele & de Regt, 1999; Dadnl, 2005). Lawrence & Shearer
(2008) published the rst global nite-frequency topogragic models of the 410- and 660-km
discontinuities using nite-frequency sensitivity kernés of SS precursors calculated based on

ray tracing (Dahlen, 2005).

In this dissertation, we calculate sensitivities of the SSrecursors to the topographic
variations of the 410- and 660-km discontinuities in the fraework of traveling-wave mode
coupling. The nite-frequency sensitivity kernels take ito account wave di ractional e ects
and phase interactions within the measuring window, whichra then used to invert for
high-resolution topographic maps of the 410- and 660-km dantinuities. The new nite-
frequency 410 and 660 models provide important constraint the convection in the mid

mantle.
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1.2 Site Response E ects in the Atlantic and Gulf Coastal

Plain

The near surface structures of the Atlantic and Gulf CoastaPlain in the southern and
southeastern United States are characterized as a series oét@ceous and Cenozoic sedi-
mentary formations (Salvador, 1991; Thomas et al., 1989).h€ landward limit of the Atlantic
Coastal Plain sediments is marked by the Fallline which liei the Piedmont province with

a northeastern orientation. Sedimentary units in the Atlatic Coastal Plain form a seaward
thickening wedge with maximum thickness reaching 2 km. Basement rocks beneath the
sediments in the Atlantic Coastal Plain are basically Palemic rocks which are the same as
the exposed rocks in the Piedmont region. The Gulf Coastal &h roughly extends west-
wards from Alabama to Texas with the sediments dipping towagithe Gulf of Mexico. Along
the axis of the Mississippi embayment, the sediment thickse is the greatest and reaches
to 10 km near the Gulf coast (Galloway, 2008). The basementaks beneath the Gulf
Coastal Plain sediments form the transitional continentatrust that has experienced Early
Mesozoic extension and post-Jurassic sediment accumubati(Sawyer et al., 1991; Galloway,
2008). Marine sediments in the Gulf Coastal Plain of Missiggpi, Louisiana and Texas are

signi cantly thicker than that in the Atlantic Coastal Plai n.

The unconsolidated or only partly consolidated sediments ithe Coastal Plain overlying
a pre-Cambrian to Triassic basement of much older consoliga rocks may have profound
e ects on earthquake ground motions. Chapman et al. (1990ddnd high-frequency atten-
uation e ects (> 3 10 Hz) and low-frequency ampli cation e ects of the Atlantic Coastal
Plain sediments on ground motion from the 1886 Charlestonp8th Carolina, earthquake us-
ing linear regression analysis and ground motion modelingratt et al. (2017) found strong
ampli cation in the 0.7 to 4 Hz frequency range for sites on se@dents in Washington DC

region using seismic data from temporary seismometer array

Modeling the site response e ects of the marine sedimentsadssigni cant step in devel-
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oping ground motion prediction models for the Coastal Plainegion. Recently, Chapman &
Conn (2016) reported geographic variation of the near suda attenuation factor kappa in
the Gulf Coastal Plain using Lg waves. The Lg phase is the laagt amplitude part of the
high-frequency seismogram and is comprised of shear waveattare guided by the crustal
structure. Kappa is a parameter that de nes the degree of fgeiency-dependent attenuation
(Anderson & Hough, 1984). Kappa is equal to wave traveltime dided by the quality factor
Q and has the physical dimension of time. Large values of kagmply strong attenuation
at high frequencies. They observed a strong positive coaibn between the kappa values
and the sediment thickness in the Coastal Plain. They showeatat high-frequency ground
motion predictions in the Gulf Coastal Plain can be improvedby incorporating a thickness-
dependent Lg kappa model in the stochastic ground motion sirations. Nonetheless, an
extensive examination of the site response e ects of the sents over a broad frequency

range is still lacking for the whole Atlantic and Gulf Coast&Plain region.

The most common empirical method to estimate the site respsa factors is the spectral
ratio technique (Borcherdt, 1970), where the spectrum at aatget station is divided by the
spectrum at the reference site. The resulting spectral ratirepresents a good estimate of
relative ampli cation or/and attenuation factors of the target station to the reference site,

if the source and path e ects at the target and reference sieare e ectively canceled out.

In this dissertation, we quantify the relative dierence béween site response in the
Coastal Plain and the region outside the Coastal Plain usingoda and Lg spectral ratios.
The reference spectrum is de ned as the average of all quad coda (Lg) spectra at sta-
tions outside the Coastal Plain region. The latter part of tlis disseration provides a detailed
description on modeling the coda and Lg spectral ratios intes of frequency and sediment
thickness and incorporating the spectral ratio functionsnto the ground motion prediction

models for the Coastal Plain regions.
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1.3 Summary of Dissertation Chapters

In Chapter 2 , we report nite-frequency imaging of the global 410-km an®60-km dis-
continuities using boundary sensitivity kernels for traviime measurements made on SS
precursors. The application of nite-frequency sensitity kernels overcomes the resolution
limits in previous studies associated with large Fresnel zes, low signal-to-noise ratios of SS
precursors as well as interference with other seismic phasén this chapter, we calculate the
nite-frequency sensitivities of SS waves and their precsors based on a single-scattering
(Born) approximation in the framework of travelling-wave node summation. The global dis-
continuity surface is parameterized using a set of triangait grid points with a lateral spacing
of about 4, and we solve the linear nite-frequency inverse problem 2tomography) based
on the singular value decomposition (SVD). The new global mets start to show a number
of features that were absent (or weak) in ray-theoretical lek-projection models at spherical
harmonic degrees greater than 6. The thickness of the manttansition zone correlates well
with wave speed perturbations at a global scale, suggestidgminantly thermal origins for
the lateral variations in the mantle transition zone. Howewe an anti-correlation between the
topography of the 410-km discontinuity and wavespeed vatians is not observed at a global
scale. Overall, the mantle transition zone is about 2-3 km ttker beneath the continents
than in oceanic regions. The new models of the 410-km and @88-discontinuities show
better agreement with the nite-frequency study by Lawrene & Shearer (2008) than other
global models obtained using SS precursors. However, sig@int discrepancies between the
two models exist in the Paci ¢ Ocean and major subduction z@s at spherical harmonic
degrees greater than 6. This indicates the importance of aemting for wave interactions
in the calculations of sensitivity kernels as well as the us# nite-frequency sensitivities in

data quality control.

Slab pull is generally considered as the dominant force thdtives the global movement
of tectonic plates. This convection mode is well constraidein the upper mantle but its

convection pattern in the mid mantle is less understood. I€hapter 3 , we show that
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the nite-frequency 410 and 660 topographic models obtaiden this dissertation reveal a
strong positive correlation between the two discontinuigs under major subduction zones,
where both discontinuities occur at depths greater than thglobal average. This structure
correlates well with seismic wavespeed anomalies, sugoestreturn ows from the lower
mantle occur predominantly in the vicinity of stagnant slals. This mode of mass exchange
between the upper and lower mantle is largely decoupled frogsfab pull that drives plate
tectonics. In oceanic regions, the two discontinuities stwoa weak anti-correlation, indicating
the existence of a secondary global far- eld return ow. Thecharacteristic anti-correlation
between the 410- and 660-km discontinuities for mantle plugs is observed at some oceanic
hotspots but the anomalies are very sensitive to mantle wawpeed corrections. The most
robust plume-like feature in the discontinuity models is loated south of the Hess Rise, where
geoid anomalies at intermediate wavelength also suggest @spible mid-mantle origin of the

anomaly.

In Chapter 4 , the di erence in response between sites in the Atlantic an@ulf Coastal
Plain and sites outside the Coastal Plain was investigatedsing Fourier spectral ratios from
regional earthquakes happening in 2010-2018. The averagela and Lg spectra for sites
outside the Coastal Plain were used as the reference. Groumations at the Coastal Plain
sites show low-frequency ampli cation and high-frequencgttenuation e ects compared to
the average condition outside the Coastal Plain. The di ematial kappa values estimated
using high-frequency coda spectral ratios show strong ptbge correlations with the sediment
thickness in the Coastal Plain and agree well with previousakpa values estimated from Lg-
waves. We observed consistent patterns in the amplitudes lofj spectral ratio as a function
of sediment thickness, which were then modeled as bi-lindanctions within frequency range
0.1-2.86 Hz. The kappa values determine the amplitudes of tepectral ratios at frequencies
above 3 Hz when the thickness of the sediments exceed8.5 km. The peak frequency
and maximum relative ampli cation at frequencies less than 1.0 Hz depend on sediment
thickness. Examination of residuals between observed ancedicted ground motions proves

the e ectiveness of the ratio functions in improving the grand motion prediction models for
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the Coastal Plain region.
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Chapter 2

Finite-Frequency Imaging of the
Global 410-km and 660-km

Discontinuities Using SS Precursors

(An edited version of this chapter has been submitted to Geophkics Journal International.)

2.1 Introduction

The 410-km and 660-km discontinuities have been progresdiwvmapped out in global seismic
imaging since the 1990s (Revenaugh & Jordan, 1991; Sheaf991; Flanagan & Shearer,
1998; Gu et al., 1998, 2003; Lawrence & Shearer, 2006; De@8€9). High temperature and
pressure mineral physics experiments suggest that the twisdontinuities are associated with
pressure-induced phase transitions of olivine to wadsl&yiat about 410 km and ringwoodite
to perovskite + magnesiowustite at about 660 km, respectilye (Anderson, 1967; Ita &
Stixrude, 1992). In regional and local seismic imaging, PHS converted waves have been

widely used to map the two discontinuities at relatively hig resolutions, especially in regions

14
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where seismic data have been recorded by small aperture giatarrays (Shen et al., 1998;
Li & Yuan, 2003; Lee et al., 2014; Gao & Liu, 2014, Kosarev et.aR017; Kaviani et al.,
2018; Zhou, 2018). In general, global models obtained usiRegto-S converted waves have
lower resolution in oceanic areas because of limited datavecage (Chevrot et al., 1999;
Lawrence & Shearer, 2006). In global studies, the underside ections of SS waves (SS
precursors) have been used to map the global depth perturbats of the 410 and the 660.
SS precursors are most sensitive to discontinuity structas near the SS wave bounce points
and therefore they provide better global coverage than P48 converted waves, especially in

oceanic regions where very few seismic stations are deptbye

SS precursors are secondary waves re ected at the undersiofethe 410-km and the
660-km discontinuities, their amplitudes are relatively mall due the low impedance ratio
across the two seismic discontinuities (Fig. 2.1). PreviguSS precursor studies in imaging
the global mantle transition zone structures commonly chesto stack the SS precursors in
large circular bins to improve the signal-to-noise ratiosral obtain depth perturbations on
the discontinuities based on the conventional JWKB ray they (Shearer, 1991; Gu et al.,
1998, 2003; Schmerr & Garnero, 2006; Houser et al., 2008; BeD09). Ray theory is a
high-frequency approximation which assumes that seismicaves travel through the earth
along in nitesimally narrow paths. In reality, however, sésmic waves have nite frequency
and SS waves are sensitive to a large area on the boundary eeatl at the bounce point. It
has been suggested by several studies that topographic stiures with sizes smaller than the
rst Fresnel zone may not be resolved properly using the trational ray theory (Neele et al.,
1997). The resolution of the ray-theoretical models is lir@d by the large Fresnel zone of
SS waves and their precursors (1000 km at 20 second period) and only large-scale features
are reliable. A better theory, which can account for scattémng, wavefront healing and other
nite frequency e ects of seismic waves is needed to improvke resolution of smaller scale
topographic anomalies. Neele & de Regt (1999) proposed a nmadho approximate the nite-
frequency sensitivities of SS and PP precursors over the trBresnel zone. They applied the

method to a large synthetic data set and showed that depth veations with a lateral scale
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smaller than the rst Fresnel zone but larger than the dominat wavelength can be well
resolved. The rst global topographic maps of the 410 and th&60 based on nite-frequency
theory were published by Lawrence & Shearer (2008) using weltime sensitivity kernels of
SS precursors calculated based on ray tracing (Dahlen, 2D05The power spectra of the
seismic phases in the reference model were approximated by tobserved power spectra,

and the sensitivity kernels were stacked in circular bins ah erent sizes in the inversions.

In this study, we construct a global data set of nite-frequacy traveltime measurements
of SS waves and SS precursors by measuring traveltime di aces between the observed
and synthetic seismograms in the frequency domain. One magoncern in imaging the 410
and the 660 using SS precursors is phase interactions (emyegcursors of ScSScS wave and
the postcursors ofSy interfere with SS precursors). To reduce possible uncentéies in SS
precursor data, earlier studies often chose to limit the raye of epicentral distance to avoid
possible phase interference, which limits the spatial rdaton of available data (Schmerr
& Garnero, 2006; Deuss, 2009; Lessing et al., 2014). To owene the above limitations,
we calculate sensitivity kernels in the framework of traveig-wave mode coupling, which
fully accounts for interference of seismic waves arriving the measurement windows, the
e ects of source radiation and seismogram windowing/taparg. This study is the rst
study to image the 410-km and 660-km discontinuities usingnglle-trace SS (and precursor)

traveltime measurements and individual nite-frequency snsitivity kernels.

The sensitivity kernels can be used to identify measurementhat are heavily in uenced
by shallower multiples, and those measurements can be ext#d when they are not most
sensitive to the depth perturbations of the 410 and the 660. &Will focus on nite-frequency
e ects in the imaging of the 410 and the 660 using single trateveltime measurements of SS
precursors by investigating models obtained using 2-D diactional tomography and those
obtained from ray-theoretical back-projections using théhe same dataset. We compare
our nite-frequency discontinuity model with previous studies and show that the new model
agrees better with the nite-frequency model by Lawrence &I&arer (2008) than other global

models imaged using SS precursors based on ray theory. We didcuss major discrepancies
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between the two nite-frequency models and the signi cancef data processing in nite-

frequency imaging.

2.2 Finite-Frequency Traveltime Measurements

We built a global dataset of the nite-frequency traveltimemeasurements using seismograms
recorded at 150 stations in the Global Seismological Netwof&SN) for earthquakes occurred
between January 2003 and September 2014 (Fig. 2.2). The émpiakes have moment mag-
nitudes ranging from 6.0 to 8.5 and focus depths less than 1k®. All available seismograms
with epicentral distances between 90 and 160 degrees are dim&ded from the Data Man-
agement Center at the Incorporated Research Institution®f Seismology (IRIS). Initial data
processing includes removing instrument responses, roteg the horizontal components to
obtain the transverse component seismograms and applyingrupass Iter with corner fre-
guencies at 0.01 and 0.1 Hz. We visually inspected seismogsaamd carefully selected the
ones with high signal-to-noise ratios and clear SS waves gme@cursors. We corrected abnor-
mal polarities of the transverse component seismograms atveral stations and we discarded
seismograms with highly deformed SS waveforms. The nal dedet contains a total number

of about 6400 seismograms from 1117 earthquakes.

Synthetic seismograms are calculated in a 1-D reference teamodel IASP91 (Kennett
& Engdahl, 1991) based on travelling-wave mode summation i(L & Zhou, 2016). The
global centroid-moment-tensor (CMT) solution and the USGS Rliminary Determination
of Epicenters (PDE) source locations and origin times are @d in the calculations of the 1-D
synthetic seismograms. The same band-pass lter is appli¢d the synthetic seismograms.
We manually pick measurement windows centered near the mexim amplitudes of the
phases (SS or SS precursors) and the length of the measurentieme windows ranges from
70 to 120 seconds. Finite-frequency traveltime measurene@re made with a cosine taper

of the same length to limit spectra leakage (Fig. 2.3). The sgtrum of the cosine taper
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shows a relatively broad central peak and very weak side Iabéeng & Zhou, 2015). The
di erences in traveltimes between the synthetic and obseed signals are calculated in the

frequency domain (Xue et al., 2015).

Figure 2.3 shows example observed and synthetic seismogsaitom the dataset. The
observed seismogram is recorded at station EFI on East Fadkid Island from a moment
magnitude 6.9 earthquake in Indonesia occurred in 2003. Thepicentral distance of this
seismogram is 130 Time windows used for measuring the traveltime residuald &S waves
and SS precursors are shaded on the seismograms. It is impattto point out that nite-
frequency traveltime measurements depend on the length apdsition of the measurement
windows as well as the time-domain taper applied in making éihimeasurements. The e ects of
windowing and tapering are accounted for in the calculatioaf the nite-frequency sensitivity
of each measurement. In this chapter, we will focus on invésas using data obtained at a

measurement period of 20 seconds.

2.3 Finite-Frequency Sensitivities to Boundary Pertur-

bations

Depth perturbations on seismic discontinuities will causarrival time anomalies of SS waves
and SS precursors. The dierences in arrival times betweermé observed and synthetic
seismic phases can be used to image lateral variations of th&smic discontinuities with
respect to a 1-D reference earth model. Theoretically, theaveltime di erence between an
observed and a syntheticSdS wave, t sq4s, can be written as a two-dimensional integration
over the global surface of the corresponding discontinuity (the 410-km or the 660-km
discontinuity), 77

tsas(!) = KSIS(x;1) dx)d ; (2.1)

whereK S95(x; 1) is the sensitivity of an individual SS precursor $dS) traveltime measure-

ment at an angular frequency! to depth perturbations d(x) of the discontinuity . In
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ray theory, seismic waves propagate as rays along in nitesally narrow paths following the
Snell% law. Therefore, the arrival time perturbation of an SS preasor depends only on the
discontinuity depth perturbation at the bounce point. Eq. €.1) then becomes a simple prod-
uct of the 1-D time-depth derivative and the depth perturbaion at the bounce point (Gu &
Dziewonski, 2002). In nite frequency theory, seismic wageexperience scattering, wave-front
healing and other di ractional e ects during wave propagaton. Therefore, the traveltimes
of SS precursors are not only sensitive to the structure at ¢hbounce point but also to
structures within a broad area centered at the bounce pointnothe discontinuity. In this
chapter, we calculate the nite-frequency sensitivityK S9S(x;!) based on single-scattering
(Born) approximation in the frame work of traveling wave moeé coupling,
(K (G1) h(lIs(t) h()] 2.2
[s(*) h()Is(t) h(1)]

wheres(! ) is the displacement spectrum in the reference earth modetdh(! ) is the spec-

KS9S(x:1)=Im

trum of the cosine taper used in making the measurement. Theperator denotes convo-
lution in frequency domain and the asterisk denotes the corgx conjugate. The complex

waveform kernel for boundary depth perturbationK (x;!)is

X X o i(k0 % =) g (K %% =2)

1) = SO N N

K (x;!)= P P
o oo 8k gsin 8k %sin 99

R O+ @7 (23)

In the above equation, the single prime and double primes mgsent quantities calculated
along the great circle path from the source to the scatter (nue 9 and the scatter to
the receiver (mode %, respectively. is the great circle distance between the surce and
receiver andk is the wave number. The source and receiver terms a8 and R’ respectively
and @ and @ are boundary scattering coe cients. Detailed expressionsf the source

and receiver terms as well as scattering coe cients can beuiod in Zhou et al. (2005).

For SS waves, traveltime delays caused by depth perturbatis on the seismic disconti-

nuity can be expressed as
z7
tss(!) = KSS(x;!) d(x)d ; (2.4)
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whereK SS(x;!) is the SS wave sensitivity to the depth perturbations on théoundary .
Equations (2.1) and (2.4) shows a linear relation between ¢htraveltime measurements and
boundary depth perturbations, which leads to a simple expssion for SAdS-SS di erential

measurements
7
tsas(!) tss()=  [KS®0!) K501 d()d : (2.5)

We calculate nite-frequency sensitivity kernels for SS was and their precursors K SS
and K 595) in a 1-D reference earth model IASP91, fully accounting forhase interactions,
source radiation patterns, time-domain windowing and tapeng applied in making frequency-
dependent traveltime measurements (Zhou et al., 2005; Zhd2009; Deng & Zhou, 2015).

Fig. 2.4 shows examples of 2-D traveltime sensitivity of S@% and S660S waves to depth
perturbations of the 410-km and 660-km discontinuities. T epicentral distance is 133
and the kernels are calculated for traveltime measuremends a period of 20 seconds. The
sensitivity kernels show the typicalX shape with maximum positive values in the center of
the X and alternating side bands in the second and third Fresnel zes. The size of the
rst Fresnel zone (with positive sensitivity) is about 15 15, indicating that ray theory,
which assumes traveltime sensitive only to structure at theounce point, is a rather crude

approximation in this case.

In general, the boundary sensitivity of SS waves is about amder of magnitude smaller
than the sensitivity of SdS waves (Fig. 2.5). Therefore, theensitivity kernels of theSdS SS
di erential measurements show only minor di erences fromtte SdS sensitivity kernels. We
point out that the boundary sensitivity kernels often have suctures more complex than those
plotted in Figs 2.4 and 2.5 due to interfering seismic phasasriving within the measurement
windows. For those measurements, the typicaX -shape structure due to the minimum-
maximum nature of the precursors will be deformed and the arfifudes of the sensitivity
may become extreme. The complexity of the nite-frequencyesisitivity kernels can be used
to identify measurements associated with wave interfereacue to multiples of a shallower

interface or other seismic phases. We exclude those meamests as linear perturbation
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theory may not apply when the reference phase is much weakéah scattered waves.

2.4 The Inverse Problem

We parametrize the surface of the Earth using a set of sphaaldriangular grid points. The
spherical triangles are 16-fold, with 2562 vertexes and adaal spacing of about 43 (Zhou
et al., 2005). With this model parametrization, the matrix brm of the inverse problem in
equation (2.1) can be expressed as

AX = b; (2.6)

wherex is the model vector of unknown depth perturbations on the di®ntinuity and b is
the data vector of SdS-SS traveltime residuals. A is the sensitivity matrix with components
aj representing the sensitivity of theith observed data to the depth perturbation at thejth

model grid.

Due to uneven data coverage and the presence of noise, theemse problem is ill-posed
and regularization is required to nd an optimal solution. Weé apply Tikhonov regularization

to eq. (2.6) and solve a regularized problem
(ATA+ 2)x=ATb (2.7)
where is the Tikhonov regularization parameter and is an identity matrix.

To solve the above inverse problem, matriA is decomposed using the singular value
decomposition (SVD),
A=UV T; (2.8)

whereu; in U andv; in V are the left and right singular vectors respectively, and # matrix

is a diagonal matrix containing the singular values;.

The Tikhonov solution to the least-square problem is then vtten as

X 2 T
X = ' ' Zﬂvi: (2.9)
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The choice of the regularization parameter is made by studying the tradeo s between
the model norm and data mis t. Typically, the optimal value o the regularizing parameter
is chosen near the lower left corner of the trade-o curve whe further reduction in model

norm starts to introduce a large increase in data mis t.

2.5 Finite-Frequency E ects in Discontinuity Imaging

The 410-km and 660-km discontinuity models obtained from me-frequency inversions are
plotted in Fig. 2.6. We have removed the mean perturbationsfdhe two discontinuities
and the reference depths of the 410-km and the 660-km disconities in Fig. 2.6 are 411.6
and 660.4 km, respectively. Positive perturbations (in bke) indicate discontinuity depths
greater than the reference depths, and negative perturbaftis (in red) indicate shallower
discontinuity. Overall, the 660-km discontinuity shows leger depth variations than the 410-
km discontinuity, which is consistent with traveltime obsevations. The S6605 and S4105
measurements have similar standard deviations (6.14 s and®s respectively) while the same
amount of depth perturbations on the two discontinuities wald predict larger traveltime
anomalies in theS4105 waves than the S6605 waves. Stronger topographic variations of
the 660-km discontinuity have also been observed in sevemkvious studies (Flanagan &

Shearer, 1998; Gu et al., 2003; Lawrence & Shearer, 2008).

The 660-km discontinuity structure shows a striking contrst between oceans and conti-
nents. The discontinuity is overall shallower in oceanic ggons and deeper in a broad region
across the Eurasia and along the west coast of the North Americ®egional studies using
receiver functions and PP/SS precursors have reported siar depressed 660 topography
in the Sea of Okhotsk, Eastern Russia, Northeastern China aelMas the North American
Farallon subduction zone (Schmerr & Thomas, 2011; Zheng €lt,a2015; Heit et al., 2010;
Gao & Liu, 2014; Wang & Pavlis, 2016; Zhou, 2018). The 660-kmsdontinuity beneath the

Mediterranean Sea and the Middle East shows several smalake depressions which were
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also imaged by Kaviani et al. (2018).

The ocean-continent contrast is much weaker on the 410-kmsdbntinuity. There is
an apparent age-dependent signature in the Paci ¢ Ocean, wte the 410 becomes deeper
towards the middle ocean spreading centers. The 410-km distinuity is depressed in the
western North America and eastern Asia extending from Tibet tlough central and northern
China to the western Sea of Okhotsk, in general agreement tvitegional studies (Heit et al.,
2010; Gao & Liu, 2014; Wang & Pavlis, 2016).

In Fig. 2.6, we compare the nite-frequency models of the 41@nd 660-km discontinuities
with depth perturbations obtained from back-projection usig the sameSdS-SS traveltime
measurements. In ray-theoretical data back projection, wdo not invert the traveltime
measurements but estimate discontinuity depth perturbatins from traveltime residuals using
1-D time-depth derivatives. The depth perturbations are asraged in a moving circular cap
with a constant radius and plotted in Fig. 2.7. When the cap ge is small (4), the resulting
back-projection maps become more noisy due to rather smallmber of data points available
in the averaging cap, especially in South America and WesteAustralia where data sampling
is sparse. When the radius of the cap is 6the structure becomes more smooth. Overall,
the long-wavelength structures of the 410-km and 660-km disntinuity maps obtained using

ray-theoretical data back projection agree well with nitefrequency models.

In Fig. 2.7, the nite-frequency sensitivity density and the back-projection ray density
show similar coverage and smoothness when the size of thewar cap used in ray-theoretical
back projection is 6. The resulting models show large discrepancies in their dorant struc-
ture length scales (Fig. 2.6). The nite-frequency modelsh®w much stronger small-scale
structures that are absent in the ray-theoretical back-prigction models. This is expected
as nite-frequency sensitivity kernels account for wave dactional e ects. For example,
the anomalies along the western North America are much narrowand mostly con ned in
the continent regions while anomalies are much broader andubed in the ray-theoretical

back-projection models, regardless of the cap size.
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We calculate the correlation coe cients between the nitefrequency models and the
back-projection models as a function of spherical harmonitegree up tol = 20 in Fig. 2.8.
Models obtained using nite-frequency tomography and rayheoretical back projection are
positively correlated at all spherical harmonic degreesegardless of the averaging cap size.
The two 410-km discontinuity models are well correlated wht a correlation coe cient of
0.96 in their large-scale structuresl(< 5), and the correlation coe cient decreases to 0.8
at intermediate length scales (6 | 14). For smaller scale structure with harmonic
degreel 15 (wavelength< 2500 km), the correlation coe cient decreases to 0.5.
The correlation between the two 660-km discontinuity modslshow very similar variations
as a function of spherical harmonic degree, except that srhatale structures show better
correlations with the nite-frequency model when a 4 cap is used in the back-projection

model.

2.6 Crust and Mantle Corrections

Lateral variations in crustal structure and seismic waves®ed in the upper mantle will intro-
duce traveltime di erences between observed and synthetgeismograms calculated in the
1-D reference earth model, IASP91 (Kennett & Engdahl, 1991)These traveltime anoma-
lies can be subtracted fron5S and SdS measurements by applying corrections using pub-
lished 3-D crust and mantle velocity models. In this sectigrwe investigate the impact of
crustal and mantle corrections on the imaging of the 410-krmd 660-km discontinuities in
nite-frequency tomography. We calculate expected travéiime anomalies caused by the 3-D
structure of the crust using a global crustal model CRUST1.0L&ske et al., 2013). This is
al 1 model which parametrized wavespeeds and density in the crud uppermost
mantle as 8 layers in every 1 1 cell. Crustal corrections are positive beneath continents
and negative in oceanic areas. The maximum correction is aligl.6 seconds for SS waves
with bounce points in the Tibetan Plateau where the crust is laout 60 km thicker than in

the reference model.
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Mantle wavespeed corrections are often applied to accounirftraveltime anomalies
caused by 3-D wavespeed structure in the mantle using globalodels from independent
studies. This method has been suggested to be more straigiivard and accurate in SS pre-
cursor imaging than joint inversions to resolve discontinty depth variations and wavespeed
perturbations simultaneously (Houser et al., 2008). This ibecause datasets required to
image discontinuity depths are dierent from those that costrain seismic wavespeed in
the bulk mantle, including surface waves, body waves and &®scillations (Panning & Ro-
manowicz, 2006; Zhou et al., 2006; Ritsema et al., 2011; Selea & Levedev, 2013; Moulik
& Ekstrom, 2014). We calculate traveltime corrections usmtwo di erent global 3-D mantle
models, S40RTS (Ritsema et al., 2011) and S362ANI+M (Moulik & Estrom, 2014). In
model S40RTS, wavespeed perturbations are with respect tolaD reference earth model
PREM (Dziewonski & Anderson, 1981) while the 3-D model S362ANM is anisotropic and
wavespeed perturbations are deviations from a 1-D referenmodel STW105 (Kustowski
et al., 2008). We calculate wavespeed perturbations in S4DR and S362ANI+M with re-
spect to the same 1-D reference model IASP91 and then integrdtaveltime anomalies along
the ray paths of SS waves and SS precursors. In general, waveesl corrections folSAdS-SS
measurements are smaller than that for individuaBS and SdS waves, which is not unex-
pected as wave speed structure in the lower mantle introdussimilar shifts in both the SS

and SdS travel times.

The absolute traveltime corrections are signi cant with maimum values up to 15-20
seconds for some paths, but the corrections do not change tpeneral geographic pattern of
the SAdS-SS traveltime residues when plotted at the SS-wave bounce ptr(Fig. 2.9). How-
ever, the corrections do a ect the amplitudes and the extradocations of the discontinuity
anomalies in the nal models (Fig. 2.10). For example, the agdependent depth pertur-
bation of the 410-km discontinuity in the Paci c Ocean in Fig 2.6 becomes much weaker
after wavespeed correlations are applied. In addition to eanic regions, crustal and mantle
corrections also have an impact on discontinuity structusebeneath stable cratons (e.g., the

Canadian shield and the Baltic Shield) where the magnitudef ®dS-SS traveltime measure-
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ments is either reduced or changes polarity after crustal dmmantle wavespeed corrections
(Fig. 2.10). This can be explained by early arrivals 08S waves associated with increased
wave speed in the upper mantle in those regions. The strongsdontinuity anomalies be-
neath California also become much weaker after the corremtis are applied. It is noteworthy
that traveltime corrections made using di erent global matie wavespeed models (S40RTS
vs. S362ANI) are highly correlated and the nal models after waespeed correlations do not

show major di erences (Figs 2.10 & 2.11).

The impact of crustal and mantle wavespeed corrections onsdbntinuity structures at
di erent length scales are plotted in Fig. 2.11. In spheridaharmonic analysis, the power
spectra is expected to decrease rapidly with angular degrednen the peak amplitude of
lateral variations remains the same. For example, the speatpower at degreel = 2 is
about one order of magnitude larger than the spectra power aegreel = 12 when depth
perturbations at the two harmonics degrees have the same feamplitude. In general,
crustal and mantle corrections emphasize low spherical maonic degree structures in the
discontinuity maps (Figs 2.10 & 2.11). For example, the mamium spectra power of the
660-km discontinuity map is at degred = 2 without data corrections, while the degree-
one ( = 1) structure becomes the strongest after crustal and marglwavespeed corrections
are applied. This leads to low correlation coe cients betwen models obtained with and
without corrections at degrees 1-2. The correlation is paisie but weak at degreed =4 5
and increases with spherical harmonic degree with strongje®rrelations at degreed 8
(length scale 2500 km). The thickness of the mantle transition zone is lelasensitive
to crust and mantle wavespeed corrections and is stronglyreelated between models with
and without the corrections. Overall, the discontinuity malels with and without crust and
mantle wavespeed corrections are well correlated regasiieof the 3-D wavespeed model used

in making the corrections.
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2.7 Discontinuity Topography and Wavespeed Struc-

ture

The Clapeyron slope, which is the change in pressure over ttfgange in temperaturedP =dT,
is positive for the olivine to wadsleyite phase transformain (the 410-km discontinuity) and
negative for the ringwoodite to perovskite and magnesiowtite phase transformation (the
660-km discontinuity). If undulations of the two discontiruities are dominantly caused by
lateral thermal variations in the mantle transition zone, ve@ would expect a negative corre-
lation between the 410 topography and variations in seismiwavespeed. For example, in
regions where cold slab materials reside in the mantle tratisn zone, seismic wavespeed
increases while the depth of the 410-km discontinuity de@ases, resulting a negative cor-
relation. In contrast, the correlation between wavespeecdd discontinuity depth would be
positive for the 660-km discontinuity due to its opposite Glpeyron. Examining the corre-
lations between perturbations in wavespeed and discontityt depth will in turn allow us
to investigate dominant mechanisms responsible for deptregurbations of the 410-km and

660-km discontinuities.

In Fig. 2.12, we investigate the correlation between disconuity depth perturbations
and seismic wavespeed variations in the mantle transitioroae using a global model S40RTS
(Ritsema et al., 2011). The discontinuity models are obtagd from traveltime data with
corrections made using the same wavespeed model. There isclear correlation between
the topography of the 410-km discontinuity and wavespeed rations at a global scale, except
for at spherical harmonics degrek= 4 (length scale of 5000 km) where the correlation is
positive. The absence of an overall negative correlation theen seismic wavespeed and the
410-km discontinuity suggests possible non-thermal ongof heterogeneities. For example,
heterogeneities in chemical composition or changes in watmntent (Schmerr & Garnero,
2007; Gu et al., 2014; Wang et al., 2017).

The topography of the 660-km discontinuity, on the other hat, shows clear positive
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correlations with seismic wavespeed in the mantle transiin zone up to spherical harmonic
degred = 11 (length scale of 3600 km). This positive correlation supports a thermal orig

at a global scale. The correlation becomes weaker at high@hsrical harmonic degrees and
no apparent correlation is observed at> 15 ((lengthscale 1300 km), which is likely due
to di erent lateral resolutions in the wavespeed and topogphy models. This change from
no (weak) correlation at 410 km depth to signi cant positivecorrelation at 660 km depth
may also be a result of limitations in depth resolution of thglobal seismic wavespeed model

over a scale of 250 km in the mantle transition zone.

The thickness of the mantle transition zone shows strongesbrrelation with seismic
wavespeed. This positive correlation is not surprising asnations in thickness are domi-
nated by the depth perturbations on the 660-km discontinuyt, and, there is a positive corre-
lation between the 660-km discontinuity topography and seimic wavespeed. The correlation
is stronger in long wavelength variations at spherical haramic degreel < 8. Geographi-
cally, the mantle transition zone is thicker beneath the Pac subduction zones and thinner
beneath the oceans, consistent with previous studies (Flagan & Shearer, 1998; Gu et al.,
1998, 2003).

In Fig. 2.13, we plot the average thickness of the mantle traition zone beneath con-
tinental areas in Asia, Europe, North America, South America, Afca and Australia. The
average thickness of the mantle transition zone beneath d¢mental areas is overall very
close to that in the reference model (250 km). Crustal and mde wavespeed corrections
have little impact on the mantle transition zone thickness »xept for in Asia, Europe and
Australia. The corrections result in a 2.3 km thicker mantle tansition zone beneath Asia
and 1.0 km and 0.9 km thinner mantle transition zone beneathEope and Australia, re-
spectively. In oceanic regions, the mantle transition zons about 1.5 km thinner than the
reference model and amount of the thinning increases to 4.81kvhen CRUST1.0 and model
S40RTS are applied to make traveltime corrections. There i obvious correlation between

the thickness of the mantle transition zone and the age of theea oor.
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2.8 Comparison with Previous Global Models

In Fig. 2.14, we compare the 410-km and 660-km discontinuitpodels in this study with
three recent global models imaged based on SS waves and tpe&cursors: Gu et al. (2003),
Houser et al. (2008) and Lawrence & Shearer (2008). The fourGBBm discontinuity models
all show some consistent features. In particular, along sdbction zones in the Western
Paci c, the 660-km discontinuity is overall deeper than theglobal average. The mantle
transition zone is thicker in the Western Paci ¢ and thinnerin the Paci ¢ Ocean. However,
large discrepancies exist in the Paci ¢ Ocean. The most exme disagreement appears to
be structures on the 410-km discontinuity maps. For examplé¢he strong depression of the
410-km discontinuity in the Paci ¢ Ocean in Model HO8 (Houserteal., 2008) is either absent
or much weaker in the other models. The broad uplift of the 66Km discontinuity in the
northern Atlantic Ocean in model Model G0O3 Gu et al. (2003) isveak (absent) in other
models. At regional scales, the discrepancies involve resed polarities in western North

America and southeast Asia.

Among all global models, the 410-km and 660-km discontinuitdepth perturbations
obtained from this study agree best with the nite-frequeng model published by Lawrence
& Shearer (2008) (Model LS08). In Fig. 2.15, we plot the cotiagion coe cients between the
two models as a function of spherical harmonic degree. Tha&tpwavelength structures in the
660-km discontinuity depth perturbations between the two rmadels are in good agreement,
with a positive correlation of 0.76 at spherical harmonic degreds 4. The correlations
are only slightly weaker for the 410-km discontinuity with acorrelation coe cient of 0.64.
Signi cant discrepancies can be observed in their smallecade features. For example, the
410-km discontinuity models ltered at spherical harmonicdegreesl 6 starts to show
major di erences in the Paci c ocean (Fig. 2.16), and the coelation coe cient between the
two models decreases to 0.1 atl =5 7. At spherical harmonic degre¢ 12, the 410-
km discontinuity is depressed beneath the Red Sea in our maddehich is absent in model

LS08. A strong negative anomaly in the 410-km discontinuitglong the southeast Indian
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ridge into the southern Atlantic ocean in model LS08 is absefmuch weaker) in our model.
Major discrepancies on the 660-km discontinuity include areng depression beneath the
Arabian plate and the Mediterranean sea in model LS08 and a lad uplift in the Northwest

Paci ¢ beneath the old Paci c plate, which are absent in our mdel as well as in the other
two models (Fig. 2.17). Overall, the correlations betweerhe new discontinuity model and
model LS08 decreases with spherical harmonic degree andréhis no apparent correlation

between the two models at degrele> 15.

The fact that the general features in the Lawrence & SheareQ08) model agree bet-
ter with this study than other ray-theoretical models is sorawhat expected as both studies
are based on tomographic inversions using nite-frequencensitivity kernels. The sensi-
tivity kernels in Lawrence & Shearer (2008) were calculatelolased on ray tracing, which is
computationally e cient but the sensitivity kernels do not account for phase interactions
and windowing/tapering applied in seismograms. However, is noteworthy that di erences
between our nite-frequency models and back-projection naels obtained using the exact
dame dataset are less signi cant than that between the two ite-frequency models. This
re ects the importance of accuracy in the calculations of saitivity kernels as well as the
use of nite-frequency sensitivities in data screening angrocessing. For example, measure-
ments associated with very complex or extreme sensitivitptdepth perturbations of the two

discontinuities should be excluded.

2.9 Conclusions

In this chapter, we investigate the nite-frequency e ectsin imaging the global structure
of the 410-km and 660-km discontinuities using SS precursorThe nite-frequency SdS$
SS traveltime measurements are made using seismograms reeatcht GSN stations for
earthquakes occurred between 2003 and 2014. The nite-frency traveltime di erences

between observed and synthetic seismograms are measurethm frequency domain using
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a cosine taper. The sensitivity kernels for SS waves and puesors are calculated in the
framework of traveling-wave mode coupling, fully account®r phase interactions within the

measurement window.

The nite-frequency models correlated well with ray-theagtical back-projection models
in their large scale structure but the nite-frequency modks show much stronger small-scale
features when the smoothness (coverage) of the back-prai@e ray density are comparable
to that of the nite-frequency sensitivity density. Crustal and mantle wavespeed corrections
do not change the general geographic pattern of tHedS-SS traveltime measurements and
discontinuity models inverted with and without crustal and mantle corrections are overall

well correlated, regardless of the global wavespeed modaded in making the corrections.

The nite-frequency 660-km discontinuity model is overalpositively correlated with wave
speed perturbations in the mantle transition zone, indicattg a dominant thermal origin for
depth perturbations of the 660-km discontinuity. However, alear correlation between the
410-km discontinuity and seismic wavespeed is not obseryadhich suggests possible non-
thermal heterogeneities in the upper mantle transition zan or limited vertical resolution
in seismic wavespeed tomography. We compare global manttartsition zone discontinuity
models obtained from SS precursors and show that our nitegquency model agree best with
the model of Lawrence & Shearer (2008), which is also a nifeequency model but with
sensitivities calculated based on ray tracing and additi@h kernel stacking. However, major
discrepancies exist between the two models in both oceanegions and subduction zones,
suggesting the signi cance of wave interference in the calations of sensitivity kernels as well
as the use of nite-frequency sensitivities in data qualitgontrol. For example, measurements
associated with very complex or extreme sensitivity to disaitinuity depth perturbations can
be identi ed in travelling-wave mode coupling and those meairements can be excluded from

tomographic inversions.
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Event

Figure 2.1: Ray paths of SS, S410S and S660S waves at epicentral distances of of 110and
150 . The star and triangles indicate locations of the earthquale event and the recording stations,

respectively.
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Figure 2.2: (a) Distribution of 1117 teleseismic earthquaks (60 <Mw< 8:5) used in this study.

The epicentral distance of the dataset ranges from 90to 160 . (b) Locations of 150 GSN stations

used in this study.
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Figure 2.3: (a) and (b) are a 100-second cosine taper in the rtie domain and its spectrum in
the frequency domain, respectively. (c) Example observedrad synthetic seismograms with clear
SS, S410S and S660S waves, recorded at station EFI (longitude= 5806 , latitude= 51.68)
for a 2003 Indonesia earthquake §1,, = 6:9). The shaded areas indicate time windows used for

traveltime measurements.



Chapter 2. Finite-Frequency Imaging

(c) Mapview of K 3405

-120° -90° -60" -30° 0 30°

20

10 ®s=km?3

-40°

40

(b) Bird-eye view of K §5%°S

70

(d) Mapview of K §2%°°

-120° -90° -60° -30° 0 30°

20

-40°

10 8®s=km?

Figure 2.4: (a) Bird-eye view of example nite-frequency sasitivity of an S410S wave at a period

of 20 seconds to depth perturbations of the 410-km discontimity. The epicentral distance is 133

and the mapview of the sensitivity kernel is plotted in (c) where the earthquake (star) is located

o the west coast of Mexico and the station LBTB (triangle) is in Africa. The sensitivity of the

correspondingS660S to depth perturbations on the 660-km discontinuity is plott ed in (b) and (d).
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Figure 2.5: Zoom-in view of sensitivity kernels ofS410S, S660S and SS waves recorded at station

BJT (longitude=116:17 , latitude=40:02 ) with an epicentral distance of 120 from a M,, 6.3

earthquake in Puerto Rico area. TheSS sensitivities are much smaller in magnitude and plotted

on di erence color scales.SdS and SS waves have di erent sensitivity polarity as a depression of

the 410-km (or 660-km) discontinuity will speed up SdS waves but slow downSS waves, and vice

versa for an uplift.



Chapter 2. Finite-Frequency Imaging 42

(@) 410 (F F.) (b) 410 (BPl) (c) 410 (BP2)

depth perturbation (km) depth perturbation (km) depth perturbation (km)

(d) 660 (F F. ) (e) 660 V(BPl) (f) 660 (BP2)

depth perturbation (km) depth perturbation (km) depth perturbation (km)

Figure 2.6: Finite-frequency e ects in imaging depth perturbations of the 410-km and the 660
km discontinuities. (a) depth perturbations of the 410-km discontinuity inverted from SdS-SS
traveltime measurements using nite-frequency sensitivty kernels. (b) and (c) are ray-theoretical
back-projection models where perturbations are averagedni a moving circular cap with a radius
of 6 (BP1) and 4 (BP2). (d){(f) are the nite-frequency and ray-theoretica | back-project mod-
els for depth perturbations on the 660-km discontinuity. The nite-frequency model and ray-
theoretical back-project models are obtained using the samn traveltime data without crustal and

mantle wavespeed corrections.
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Figure 2.7: (a) is the sensitivity density (diagonal elemets of the matrix ATA) in nite-frequency
tomography of the 410-km discontinuity. (b) and (c) are the number of traces per circular cap in
the back-projection models BP1 and BP2, respectively. (d)¢f) are the same as (a)-(c) but for the

660-km discontinuity models in Fig. 2.6.
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Figure 2.8: (a) Correlation coe cient as a function of spherical harmonic degree between the nite-
frequency 410-km discontinuity model and the two back-progction models in Fig. 2.6. (b) Same

as (a) but for the 660-km discontinuity models.
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Figure 2.9: (a) and (b) are S410S-SS and S660S-SS di erential traveltime measurements at

a period of 20 s without crustal and mantle corrections. The neasurements are plotted at the
bounce points of SS waves. (c) and (d) are the same as (a) and (b) but with data corected for
crustal and mantle wavespeed variations using models CRUSIL.O and S40RTS. (e) and (f) are the

same as (c) and (d) but with mantle corrections using model S82ANI+M.
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Figure 2.10: (a) Scatterplot of S410S SS di erential traveltime measurements with mantle correc-
tions made using model S40RTS (Ritsema et al., 2011) and mot&362ANI+M (Moulik & Ekstrom,
2014). (b) and (c) are depth perturbations of the 410-km disontinuity from nite-frequency to-
mography with traveltime corrections made using model S40RS and S362ANI+M, respectively.

(d)-(f) are the same as (a)-(c) but for the 660-km discontinuity.
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Figure 2.11: (a) spectra power per spherical harmonic degesof the nite-frequency 410-km and
660-km discontinuity models in Fig. 2.6 and the correspondig mantle transition zone thickness.
(b) and (c) are the same as (a) but for discontinuity models inFig. 2.10 where traveltime corrections
have been made using model S40RTS and S362ANI+M respectivel (d) Correlation coe cients
as a function of spherical harmonic degree between the disotnuity models obtained with and
without corrections based on model S40RTS (Figs 2.6 & 2.10)(e) is the same as (d) for models
with and without traveltime corrections made using model SH2ANI+M. (f) correlation coe cients

between models obtained with corrections made using modelS40RTS and S362ANI+M.
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Figure 2.12: (a) and (c) are the nite-frequency 410-km and @0-km discontinuity models with

data corrections made using model S40RTS (Fig. 2.10). (b) amh (d) are wavespeed perturbations
in model S40RTS at depths of 410 and 660 km, respectively. (eand (f) are maps of the mantle
transition zone thickness and average wavespeed in the mdst transition zone, respectively. (g)
correlation between discontinuity depth perturbations and wavespeed perturbations as a function
of spherical harmonic degree; (f) correlation between the #0-km and 660-km discontinuity models

in 1-D (no correction) and 3-D (with correction) wavespeed nodels.
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Figure 2.13: Average mantle transition zone thickness in 1D (left) and 3-D (right) wavespeed
models. In the oceans, the thickness is averaged over ever@-million year age band and there is
no apparent dependence on the age of the sea oor. The averagigickness of the mantle transition
zone in continental areas is calculated for Asia (AS), Euroe (EUR), North America (NA), South

America (SA), Africa (AFR) and Australia (AUS). The mantle t ransition zone is thicker under the

continents than under the oceans, especially after crustahind wave speed corrections are applied.
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Figure 2.14: This gure compares the topography of the 410-kn and 660-km discontinuity as well
as the thickness of the mantle transition zone from (a)-(c) his study, (d)-(f) Lawrence & Shearer

(2008), (9)-(i) Gu et al. (2003) and (j)-(I) Houser et al. (2008).
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Figure 2.15: Correlation between discontinuity models in his study and model LS08 (Lawrence &
Shearer, 2008). The coe cients are plotted as function of sperical harmonic degree from 1 to 20

for depth perturbations on the 410-km discontinuity, the 660-km discontinuity and the thickness

of the mantle transition zone.
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Figure 2.16: (a) the 410-km discontinuity model in this study Itered to spherical harmonic | 2,
I 6andl 12. (b)is the same as (a) but for the 410-km discontinuity moael from Lawrence &

Shearer (2008). (c) and (d) are the same as (a) and (b) but fore 660-km discontinuity.
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Figure 2.17: Same as Fig.
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2.16 but for models from Gu et al. (ZIB) and Houser et al. (2008).



Chapter 3

Global Return Flow above Stagnant
Slabs from Mantle Transition Zone

Tomography

(An edited version of this chapter was reviewed by Science Adwes and a revision is in

submission.)

3.1 Introduction

The movement of surface tectonic plates is generally consiéd to be driven by the pulling
force associated with slab subduction (Forsyth & Uyeda, 19y5Upwellings at mid-ocean
ridges are passive return ows in the shallow mantle in respse to subduction at convergent
plate boundaries. For example, seismic anomalies beneatietEast Paci c Rise spreading
centers are mostly con ned in the uppermost 250 km (Webb & Feyth, 1998). Subduction-
driven convection is well understood in the upper mantle butonvective mass exchange in the

mid mantle remains unclear. The mantle transition zone (MTXbetween the upper mantle

54
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and the lower mantle is bounded by two seismic discontinu@s associated with pressure-
induced mineral phase transitions, one from olivine to waléyite at about 410 km depth
and a second one from ringwoodite to perovskite at about 660nkdepth (Anderson, 1967;
Ringwood, 1969), The 660-km discontinuity is generally cesidered a possible barrier for
whole mantle convection due to its negative Clapeyron slog€hristensen, 1995). In contrast,
the Clapeyron slope of the 410-km discontinuity is positiveT his predicts an anti-correlation
between depth perturbations of the 410-km and the 660-km disntinuities for purely thermal

anomalies in the mantle transition zone.

In seismic tomography, both penetrating and stagnant slablsave been imaged in the
mantle transition zone (Fukao, 2013). However, structuresnithe mantle transition zone
are often not as well constrained as those in the upper or lowmantle. This is mainly
because teleseismic body waves have turning depths in thevés mantle and fundamental-
mode surface waves are only sensitive to structure in the dlov mantle. SS waves and
their precursors S410S and S660S are waves re ected o thedemside of the surface and the
410-km and the 660-km seismic interfaces, respectively. &hprovide constraints on depth
perturbations of the two discontinuities and have been usetd study the structure of the
mantle transition zone (Shearer, 1991; Gu et al., 2003; Lasnce & Shearer, 2008; Houser
et al., 2008). As secondary re ected waves, S410S and S6608esdor SAS waves hereafter)
are weak signals on recorded seismograms, and a common pecadh global studies has been
to stack their wavesforms in a large circular area near thelrounce points to improve signal-
to-noise ratio (Shearer, 1991; Gu et al., 2003; Schmerr & Garo, 2006). While the e ects
of using di erent bin sizes in stacking have been investigatl (Houser et al., 2008; Flanagan
& Shearer, 1998), it is understood that discontinuity strutures may not be well resolved
because of large Fresnel zones associated with SS waves aed precursors (Lawrence &
Shearer, 2008). When the length scale of discontinuity togoaphy is comparable to the

characteristic seismic wavelength, nite frequency e et become important.

In this study, we build a global dataset of arrival time meastements of SS, S410S and

S660S waves recorded at the Global Seismographic Network {@$o image depth perturba-
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tions of the 410-km and 660-km discontinuities at a global ale. We calculate nite-frequency
sensitivities of arrival time measurements in the framewrof traveling-wave mode coupling,
which take into account complete wave interactions in evempneasurement window. In addi-
tion to accounting for wave di ractional e ects in seismic bmography, the nite-frequency
sensitivities allow us to identify measurements that are @i cantly contaminated by mul-
tiples of a shallower interface or other seismic phases, irhiesh case those measurements
are excluded from imaging. This global dataset allow us to tdn high resolution depth
perturbations of the two discontinuities based on nite-fequency tomography of di erential

travel times between SS waves and their precursors.

3.2 Data and Methods

We use broadband seismograms recorded at GSN stations fortlequakes occurred be-
tween January 2003 and September 2014. Instrument resposisee removed and horizontal-
component seismograms are rotated to obtain the radial- atichnsverse-component displace-
ment seismograms. The transverse (SH) component seismogsaame then band pass lItered
between 0.01 and 0.1 Hz as SdS phases show best signal-tcenmsio in this frequency
range. To minimize possible interference between SdS waeesl earthquake depth phases,
we use earthquakes with focal depths shallower than 100 kmh& moment magnitudes of
the earthquakes range from 6.0 to 8.5 and the epicentral distces are between 90 and 160

degrees. This raw dataset contains about 150,000 traces.

To measure nite-frequency SS, S410S and S660S travel timee carefully select seismo-
grams with high-quality signals through visual inspectiorof each processed SH-component
seismogram. We compare observed seismograms with synthetgismograms calculated in
a 1-D reference earth model IASP91 (Kennett & Engdahl, 1991»ung traveling wave mode
summation (Liu & Zhou, 2016). Traces with highly deformed S®aveforms are not used in

this study. Travel time measurements are made with respecbtlASP91 synthetic seismo-
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grams and measurement time windows are determined based #yathetic and observed SS
waves and their precursors. We choose time windows manudibyensure that the dominant
energy of the measured phase is centered in the window. Theadé of the measurement
window varies from 70 to 120 seconds. To obtain frequencypdmdent travel time measure-
ments, a cosine taper is applied in spectral estimates follmg the work of Deng & Zhou
(2015). Finite-frequency e ects in this dataset and compasons with ray-theoretical tomog-
raphy have been documented i€hapter 2 . In this study, we focus on tomographic results
based on measurements at 20 seconds period. Finally, we taklwantage of calculated nite-
frequency sensitivities in examining each measurement tdentify possible complex wave
interactions due to multiple phases arriving within a measement window. This leaves a
total of about 6400 seismograms for 1110 earthquakes, whimtovide good coverage in the
oceans as well as in major subduction zones, except for in BoAmerica and its adjacent

southern Paci ¢ Ocean.

Lateral variations in crustal structure as well as wave spdevariations in the bulk mantle
may introduce travel time shifts on SS and SdS waves. We calate crustal corrections
based upon traveltime di erences between IASP91 models wiind without a global crustal
structure, CRUST 1.0 (Laske et al., 2013). The crust is 20 km itk in the reference model
IASP91 and maximum crustal corrections using model CRUST1.Geaabout 5 seconds for
SS waves re ected o the Tibetan Plateau where the thicknessf the crust reaches about 80
km. Overall, the SdS-SS di erential measurements at 20 sewts period with and without
crustal corrections show minor di erences. We calculate B-mantle wavespeed corrections
using two existing global models, S40RTS (Ritsema et al., 20) and S362ANI+M (Moulik &
Ekstrem, 2014). The choice of mantle model in wavespeed cections does not a ect major
structures in discontinuity. We focus on mantle wave speedorections based on model
S40RTS in this chapter.
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3.2.1 Finite-frequency sensitivity kernels

We calculate nite-frequency sensitivities of SS and SdSaveltimes to boundary depth per-
turbations based on Born (single-scattering) approximatin in the frame work of travelling-
wave mode coupling (Deng & Zhou, 2015; Zhou, 2009). The bowng sensitivity kernels fully
account for source radiation patterns, phase interactiorss well as time-domain windowing
and tapering applied in making frequency-dependent measuments. Travel time di erences
between observed and synthetic SdS waves$ jqs) can be expressed as a two-dimensional

integration over the global surface of the correspondingismic discontinuity
7
tisas(!) = KSS(x; 1) d(x)d ; (3.1)

whereK S95(x; 1) is the sensitivity of an SdS traveltime measurement at angular frequency
I to depth perturbations d(x) on the corresponding seismic discontinuity.

For SS waves, the relation can be written as
27
tjss(!) = KSS(x;!) d(x)d : (3.2)

The linear relation between measurements and discontinyitiepth perturbations in eqs (3.1)

and (3.2) guarantees
zZ

tjsas(!) tiss(!)= KSHS(x;1) K33(x;!) d(x)d : (3.3)

3.2.2 The inverse problem

We parametrize the surface of the Earth using a set of sphealdriangular grid points with
a lateral spacing of about 4 The tomographic problems are ill-posed and exact solutien

do not exist, we solve a regularized least-square inverseplem

jiGm djj*+ 2jjmijj? = minimum (3.4)
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where G is the kernel matrix, m is the model vector,d is the data vector and is the

Tikhonov regularization parameter. The minimization lead to
(GTGm G'd)+ *m=0: (3.5)
We solve the above inverse problem based on singular valuea®position of matrix G,
G=Uv T (3.6)

Where is a rectangular diagonal matrix containing singular valuge i, andU andV contain

left and right singular vectors,u; and v;, respectively.

The Tikhonov solution of the inverse problem can be writtens

x j2 Ude

2 2 .
it i

Vi, (3-7)
j=1

wherep is the rank of the singular value matrix.

The corresponding resolution matrix is

R=VFV T, (3.8)

2+ 2 The tradeo between data mist

whereF is diagonal matrix with elements j*= |
and model norm for di erent regularization parameter as well as resolutions of the optimal

models are plotted in Figs 3.1 & 3.2.

3.3 The Global Subduction Zones

The most striking feature in the discontinuity maps is largescale depressions in both the
410-km and 660-km discontinuities around the Paci ¢ subdtion zones Fig. 3.3. The circum-
Paci c distribution of the positive correlation is best illustrated in Fig. 3.4 where positive
correlation (in blue) is represented by the sum of the 410-krand 660-km discontinuity

perturbations in regions where both discontinuities expamnce signi cant depressionsX5
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km). Travel time corrections made using existing crust and wdk mantle models do not
a ect the general positive correlation along the circum-Pa ¢ subduction zones (Fig. 3.3).

The global data distribution is not uniform but show reducedcoverage in Africa, South
Asia and Northwest Australia and minimum data sampling in SouthAmerica and adjacent
oceans (Fig. 3.2). In Fig. 3.5, resolution tests on the 410rkand 660-km discontinuity models
using spherical harmonic \checkerboard" at two di erent legth scales (I = 12 and | = 20)

show that structures are well resolved in Eurasia, North Ameza, the Paci c Ocean and
the Indian Ocean, consistent with sensitivity density and ihgonal elements of the resolution

matrix (Fig. 3.2).

The strong positive correlation in the Paci c subduction zaes is somewhat counter-
intuitive, because thermal variations due to a cold slab inhe mantle transition zone would
predict an \anti-correlation" between the two discontinuties. This positive correlation is
largely absent in previous global models (Fig. 3.6) but in gal agreement with several re-
gional scale studies based on SS precursors and receivections (Shen et al., 2008; Heit
et al., 2010). However, interpretations in regional studielsave been di cult as this positive
correlation is not expected in the general context of subdtion. The global distribution
of the MTZ discontinuity anomalies indicates a general suhuttion origin associated with
stagnant slabs, possibly warm return ows from the lower mate replacing the gradually

sinking stagnant slabs.

In other subduction zones, the correlation between the 41®a and 660-km discontinuity
depth perturbations is much weaker (Fig. 3.4). The lack of mitive correlation between the
410 and the 660 in the Alpine-Tethys region is consistent wittecent regional studies where
most of the Tethyan lithosphere probably has sunk down to theower mantle (Hafkenscheid
et al.,, 2006). The 660-km discontinuity anomalies show silar structure to wave speed
anomalies in the lower MTZ along the Tethyan suture zone (Fig3.3), extending from the
Mediterranean through the northern Middle East into the Tiketan Plateau (Schae er &
Lebedev, 2013). The 410-km discontinuity anomalies are ntuaeaker and smaller in lateral

extent (Fig. 3.3), indicating the absence of large-scaletven ows warming up the shallower
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mantle. In the Philippine trench and the Sunda trench, disaatinuity anomalies are narrow
features in the close proximity to current trench, consista with steep penetration of sub-
ducted slabs across the mantle transition zone without muclattening above the 660-km
discontinuity (Hall & Spakman, 2015). The spatial resolutia of the discontinuity structures
is limited as grid spacing in this study is bout 4, which is larger than the typical thickness

of a subducted oceanic lithosphere.

3.4 Global Return Flow above Stagnant Slabs

In the western United States, the unprecedented deployment BarthScope USArray allows
us to synthesize wave speed tomographic models in this regiwith MTZ discontinuities
to investigate the thermal structure in the mantle transiton zone. The overall depressed
410-km and the 660-km discontinuities are in general agreent with recent regional studies
using USArray receiver functions (Gao & Liu, 2014; Wang & Pawi 2016; Zhou, 2018). In
seismic wave speed tomography, fast slab anomalies haverbaeaged in the lower MTZ
from Idaho and Western Montana down to Utah and Colorado (Tiaret al., 2011; Sigloch
et al., 2008). In the upper MTZ, this region is dominated by semic slow (warm) anomalies
(Fig. 3.7). The overall anti-correlation in wave speed peurbations between the upper and
lower MTZ supports a thermal origin of the discontinuity peturbations. Non-thermal origins
such as water content have been proposed to explain low sdisiwavespeed anomalies at
the top of the MTZ, however, the positive correlation betwee the 410 and the 660 in this
region can not be explained by slab hydration because incsea water content would lead to a
shallower 410-km discontinuity (Smyth & Jacobsen, 2006). 8\point out that wavespeed and
discontinuity anomalies at those depths do not show exactwespondence in their locations,
as due to the 3-D nature of the slab geometry as well as di erees in model parametrization

and resolution.

The stagnation of the subducted Farallon plate at the 660-krdiscontinuity and a warm
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mantle above the slab is better illustrated in the 3-D wavesed image in Fig. 3.8. To balance
the sinking of a stagnant slab into the lower mantle, it reques an ascending return ow from
the lower mantle. In both laboratory experiments and deep nmtle subduction simulations,
near- eld poloidal convection cell have been observed (Kéaid & Gri ths, 2003; Schellart,
2008), and the poloidal component ows can become more sigaint with increasing vis-
cosity (Piromallo et al., 2006). The overall much warmer upgr MTZ indicates the poloidal
mode of mass exchange occurs in the close proximity of the d&sding slab. To the east
(ahead) of the subduction front, wavespeed and radial anisopy indicate the presence of
local upwellings from the lower mantle (Fig. 3.7 & 3.8). The pwellings are con ned in the
mantle transition zone and \feed" the broad slow anomaliesb@ve the stagnant slab. We
interpret the upwellings as return ows in a superadiabaticnantle, driven by the sinking
of the stagnant slab as well as \trench" retreat in the mantldransition zone (Fig. 3.8). In
reality, subduction can be much more complicated than thersipli ed cartoon illustration in
Fig. 3.8 due to complex processes such as slab fragmentat@omd the evolution of multiple
subduction systems through time. In the Western US, it has baesuggested that the mode
switch from stagnant to penetration is associated with reveed polarity subduction of a
section of slab between preexisting fracture zones on ther&ton plate, which generates a

return ow through the slab gap, producing the Yellowstone glcanoes (Zhou, 2018).

In Eastern Asia, this strong positive correlation extends atut 3000 kilometers westward
inland from the present-day Ryukyu trench, with a gap roughy beneath the North China
Craton (Fig. 3.9). This positive correlation between the 40-km and 660-km discontinuity
topography largely agrees with wavespeed anomalies in themantle (Schae er & Lebedev,
2013), where slow wavespeed dominates this region in the epgMTZ ( 400 km) while
fast anomalies are imaged in the lower MTZ (650 km). Regional observations made on
SS precursors also suggest the existence of reduced seismamvespeed in the upper MTZ
and depressions on the 410-km and 660-km discontinuities {Het al., 2010). The overall
agreement indicates that the dominant mechanism associdt&vith depth perturbations of

the two discontinuities is also thermal. Radial anisotropyn the mantle transition zone is
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consistent with local upwellings at the leading side (westf subduction, and the anomalies
are also largely con ned in the mantle transition zone (Chaget al., 2014). The global wave
speed model shown in Fig. 3.9 was obtained using multimoderfaice waves, which provide
optimal sensitivities down to the mantle transition zone. Wiile stagnant slab anomalies are
a common feature in this region in wave speed tomographic nelsl (Schae er & Lebedev,

2013; Moulik & Ekstrem, 2014), we point out that the geomety of wavespeed anomalies

vary considerably at those depths among those models.

The large-scale MTZ discontinuity anomalies show two striiares separated by a gap in
the North China Craton. The gap is oriented in northeast diretton, roughly parallel to the
present-day Ryukyu trench. We interpret this structure as aesult of stagnant slabs from two
subduction systems, the current subduction of the Philippie sea plate which deposited slab
materials east of the gap, and an earlier subduction of the Biec plate beneath the Eurasia
plate which deposited slab materials west of the North Chinar@ton. The subduction of
the Paci c plate in this region ceased about 40 million yearago as the growing Philippine

sea plate moved northward into the place (Seno & Maruyama, &9; Hall, 2012).

3.5 Structures in Global Oceanic Regions

In Fig. 3.4, the plume-like structures in the Pacic Ocean a characterized by an anti-
correlation between the 410 and the 660, and they show sigoant di erences in models
with and without mantle wave speed corrections. For exampléhe correlation at the South
Paci ¢ Superswell changes polarity after wavespeed cortiens. A plume-like anomaly west
of the island of Hawaii becomes much weaker after wave speedections (Fig. 3.10). The
only signi cant plume-like signature in the discontinuity models regardless of wave speed
corrections is located south of Hess Rise. In examining pudfied models, we noticed the
anomaly was also present in an earlier nite-frequency mod@.awrence & Shearer, 2008).

While the size of the anomaly is close to the resolution limih our model (Fig. 3.5), the
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general agreement among those models suggests that this maty south of Hess Rise is
reasonably well resolved. The Geoid anomalies in the Paciat intermediate wavelength

indicates a possible mid-mantle origin in this region (West et al., 1994). The geoid to
topography ratio at Hess Rise is intermediate, lower than thelawaii swell but higher than

Shatsky Rise and Ontong-Java Plateau, suggesting possiblieep compensation of a thermal
swell (Sandwell & Renkin, 1988).

In oceanic regions, there was an age-dependent signaturéhwiioth the 410 and the 660
becoming shallower as the sea oor gets older (Fig. 3.11). iBhpattern was introduced by
slower S-wave speed in the upper mantle beneath younger s@ars in response to sea oor
spreading, and, the age-dependence is removed after mantlave speed corrections are
applied (Figs 3.11 & 3.12). The average depths of the 410-kmd660-km discontinuities
are about 411 km and 658 km, respectively. Overall, the oceammantle transition zone is
about 2-3 km thinner than the global average and it does not skv signi cant variations
with sea oor age. The overall thinner mantle transition zoe and slower seismic wave speed
at those depths in global models (Schae er & Lebedev, 2013jtfema et al., 2011; Moulik
& Ekstrem, 2014) suggests the existence of far- eld returnows in the global oceanic mid
mantle. The convection process is probably complex as thesdontinuity structures in oceanic

regions also show strong small-scale variations (Fig. 3.3)

3.6 Comparison with Previous Global Models

While large-scale correlations between surface tectonasd structures in the mantle transi-
tion zone have been suggested in global seismic discontiytudies, global transition-zone
models proposed by di erent research groups di er signi catly from each other (Fig. 3.6).
In analyzing previous global models, we discovered that th@rcum-Paci ¢ distribution of
the positive correlation becomes recognizable in the nitBequency model LS08 (Lawrence

& Shearer, 2008) but largely absent in other ray-theory bademodels constructed using SS
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precursors (Houser et al., 2008; Gu et al., 2003) (Fig. 3.6).h& most distinct di erence be-
tween this study and LS08 is that positive anomalies at the 6km discontinuity are much
stronger in LS08 which also have a signi cantly di erent gegraphic distribution from this
study. The nite-frequency sensitivities used to construcmodel LS08 were calculated based
on ray tracing, which is computationally e cient but the sensitivity kernels do not account
for phase interactions and windowing (tapering) applied iseismograms. In addition, stack-
ing was applied to the waveforms of SS waves (and their presors) as well as traveltime

sensitivity kernels in Lawrence & Shearer (2008), which isohnecessary a linear process.

3.7 Conclusions

The classic textbook anti-correction between the 410-km dr660-km discontinuities is not
observed in global subduction zones. While counter-initi®e, major subduction zones are
characterized by strong positive correlations between thELO-km and 660-km discontinuity,
with both discontinuities occurring at greater depths. Waespeed and anisotropy models
support vertical variations in thermal structure in the mid mantle. We interpret this circum-
Paci c positive correlation as a result of cold, stagnant ab in the lower mantle transition
zone and an overall warmer mid mantle due to return ows ass@ted with the sinking of
stagnant slabs into the lower mantle. Mass exchange betwette upper and lower mantle
occurs in the close proximity of the (sinking) stagnant slafy mostly con ned in the mantle
transition zone and vicinity, forming a possibly semi-cla=xl convection cell. This convection
mode in the mid mantle is decoupled from surface plate moventeas subduction in the

upper mantle is mainly accommodated by horizontal movemeimif stagnant labs.

We point out that the tradeo between resolution and model urertainty depends on
noise levels in the measurements as well as the sensitiatigf travel times to depth pertur-
bations, which are di erent for S410S and S660S waves. Regjigdation parameters applied

in inversion a ect the amplitudes of the recovered depth péurbations, however, the polar-
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ity (uplift or depression) is well resolved in both models. & example, the thinner mantle
transition zone in oceanic regions is well constrained buhé magnitude of thinning might
have been underestimated. The same applies to the positiveri@lation between the two

discontinuities beneath major subduction zones.
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Figure 3.1: Tradeo curves of the inverse problem GTGm G'Td)+ 2m = 0 with a varying

Tikhonov regularization parameter . The horizontal axis is jjmjj and vertical axis is jjGTGm

G "djj. The optimal models plotted in Fig. 3.3 are indicated by stars.
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Figure 3.2: (a) and (b) are resolutions of the 410-km and 66@m discontinuity models in Fig. 3.3,
plotted in every 4 4 grid cell based on diagonal elements of the resolution matxi R. (c) and

(d) are the corresponding sensitivity density (diagonal eéments of the matrix GT G).
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Figure 3.3: (a) and (b) are global depth perturbations of the 410-km and 660-km discontinu-
ities imaged from nite-frequency tomography of S410S-SS md S660S-SS di erential traveltime
measurements. (c) correlation between the 410-km and 660ak discontinuity depth perturbations
represented by the sum of the absolute perturbations at the wo discontinuities. The correlation
is positive (in blue) in regions where both the 410-km and 66&km discontinuities occur at depths
greater than the global average; and is negative (in red) in egion where the 410-km discontinuity
is deeper while the 660-km discontinuity is shallower (typcal anti-correlation signature for mantle
plumes). Only regions with both discontinuity depth pertur bations larger than uncertainties (5 km)
are plotted. (d){(f) are the same as (a){(c) but models obtained using traveltime measurements
corrected for 3-D seismic structure in the crust (CRUST1.0)as well as wavespeed variations in the
mantle (S40RTS).
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Figure 3.4: Circum-Paci ¢ positive correlation between the 410 and the 660. (a) corre-
lation between the 410 and the 660 depth perturbations reprsented by the sum of their absolute
perturbations. The correlation is positive (in blue) in regions where both discontinuities occur at
depths greater than the global average; and is negative (ined) in region where the 410 is deeper
while the 660 is shallower (typical anti-correlation signaure for mantle plumes). Only regions with
both perturbations larger than uncertainties (5 km) are plotted. (b) the same as (a) but obtained
using traveltime measurements corrected for 3-D wavespeestructure in the crust (CRUST1.0) and

mantle (S40RTS).
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Figure 3.5: Tomographic resolution tests for the 410-km and660-km discontinuity models in
Fig. 3.3. The input models have a spherical harmonic structue, with degreel = 12 (top) and
| = 20 (bottom), respectively. We generate synthetic data usihg the input models and nite-
frequency sensitivity kernels for the same earthquake-st&oon con guration, and the output models
are obtained with the same inversion regularization parameers as used for the real data. We have

added 20% of random noise in all synthetic data in the resoltibn tests.
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Figure 3.6: (a){(f) are global models of the 410 km and 660-kndiscontinuities LS08 (Lawrence &
Shearer, 2008), HO8 (Houser et al., 2008) and G03 (Gu et al.,003). (g){(i) are correlations maps

calculated as in Fig. 3.4.



Chapter 3. Global Return Flow above Stagnant Slabs 78

Figure 3.7: Warm mantle above stagnant slab in the Western US. (@) and (b) are S-
wave velocity perturbations at depths of 400 km and 650 km, repectively (Tian et al., 2011). (c)
correlation between the 410 and the 660 in the Western US, oglregions with consistent anomalies
in Fig. 3.4(a) and (b) are plotted. (d) average radial anisotropy in the MTZ in model US22 (Zhu
et al., 2017) where negative Ysy < Vsy) radial anisotropy indicates dominant vertical mantle ow .
Dark red lines are major geological boundaries; black dasldeline indicates subduction front in the

MTZ. 3-D wavespeed model in the red box red in (a) and (b) is pléted in Fig. 3.8.
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(a) 3-D wavespeed model

(b) cartoon illustration

\ hot mantle

Figure 3.8: 3-D wavespeed structure in the Western US and Cartoon illustra tion of
subduction with stagnant slab (a) 3-D rendering of S-wave slab anomalies in the Western US.
The isosurface represents 1% fast and slow seismic wavesgemomalies at depths from 50 km to
1600 km US State boundaries are plotted at the surface for ggpaphic reference. Fast anomalies
in the upper mantle beneath the craton have been removed for étter illustration of the slab. (b)
Cartoon (not to scale) illustrating the sinking of a stagnant slab from the mantle transition zone
into the lower mantle. The blue triangle indicates the trench in the MTZ. The 660-km discontinuity
occurs deeper (not illustrated) due to the cold stagnant sl&d in the lower MTZ and the 410-km
discontinuity also occurs at greater depths (not illustrated) due to warm return ows in a super

adiabatic mantle and possibletrench retreat in the MTZ.
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Figure 3.9: Warm mantle above stagnant slab in Eastern Asia. (@) and (b) are S-wave
velocity perturbations at depths of 400 km and 650 km from Sclae er and Lebedev (2013). (c)
correlation between the 410 and the 660 in Eastern Asia, onlyegions with consistent anomalies in
Fig. 3.4 (a) and (b) are plotted. (d) average radial anisotrapy in the MTZ in model SGLOBE-rani
(Chang et al., 2014), where negative radial anisotropy Vsy < Vsv) indicates dominant vertical
mantle ow. Two dashed lines indicate subduction systems inthe MTZ, roughly parallel to the

present-day Ryukyu trench.
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Figure 3.10: The Hess Rise (HR) anomaly. (&) and (b) are correlations between the 410-km
and 660-km discontinuity depth perturbations in the Paci ¢ (same as Fig. 3.4a and b); (c) the same
correlation calculated using discontinuity models publisied by Lawrence and Shearer (2008). The
anomaly west of the island of Hawaii (HW) becomes much weakeafter wave speed corrections.

The plume-like structure south of Hess Rise (HR) is a consistent feature in lathree models.
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(a) Oceans (no correction) (b) Oceans (with correction)
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Figure 3.11: The 410 and the 660 in oceanic regions. (a) depth perturbations of the 410 and
the 660 in global oceanic regions, averaged over every 204han year age band; (b) the same as

(a) but for models inverted using traveltime data corrected using model CRUST1.0 and S40RTS
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Figure 3.12: (a) depth perturbations of the 410-km and 660-kn discontinuities in global oceanic

regions, averaged over every 20-million year age band in mets inverted using traveltime data

corrected for 3-D crust and mantle wavespeed structures (IRTS). (b) thickness of the MTZ as a

function of sea oor age in global oceanic regions. (c) and (dare the same as (a) and (b) but for

models inverted with traveltime measurements corrected usg model S362ANI+M.



Chapter 4

Using Spectral Ratios to Examine
Ampli cation and Attenuation E ects

In the Atlantic and Gulf Coastal Plain

(An edited version of this chapter has been accepted in The Befiin of the Seismological
Society of America (BSSA).)

4.1 Introduction

We explored some of the di erences in ground motion propaganh for sites located within,
versus outside, the Atlantic and Gulf Coastal Plain. Curretty, ground motion prediction
models are lacking for the Coastal Plain regions of the ceatrand eastern United States.
This study was a rst step toward developing such a model. Weotind that the Coastal

Plain sediments amplify low-frequency ground motions andtanuate high-frequency ground

84
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motions relative to sites outside the Coastal Plain. This h&important implications for

seismic hazard assessment.

Until recently, the relatively low levels of seismic activiy and a lack of long-term operating
seismic stations outside the New Madrid seismic zone have iied wave propagation studies
in most parts of the Atlantic and Gulf Coastal Plain. Previows studies documented high-
frequency attenuation in the Gulf Coastal Plain. Gupta et al (1989) found lower Lg Q in
the Gulf region than elsewhere in eastern North America. The epation of the Earthscope
USArray Transportable Array (TA network) in the central United States during 2010-2012
when a series of moderate earthquakes occurred in OklahorAgkansas and Texas resulted in
an important data set. More recently, a few earthquakes haveeen recorded in the Atlantic
Coastal Plain by the currently operational Central and Eastrn United States Network (N4
network), the United States National Seismic Network (US netwd) and some other stations,
including temporary array deployments. Pasyanos (2013)sing Q tomography, found lower

Q for crustal S waves in the Gulf coastal region than in regisro the north.

Chapman & Conn (2016) observed geographic variation of thdt@nuation parameter
kappa, (Anderson & Hough, 1984) in the Gulf Coastal Plain, noting a chr positive
correlation of and the thickness of post-Jurassic sediments in the regiomncorporating
a thickness-dependent Lg kappa model in stochastic groundotion simulations resulted in
improved high-frequency ground motion prediction (Chapnma & Conn, 2016). Figure 10
of Chapman & Conn (2016) shows that the area with largest kapp(and thickest Coastal
Plain sediment) largely corresponds with the low Q Gulf Co&asl Plain area resolved by
Cramer (2018) using USArray (TA network) data. It also correspnds with the area that
has experienced continental crustal thinning (Salvador,991a; Sawyer et al., 1991; Thomas,
2010). Lg propagation is known to be sensitive to changes inustal structure (Kennett,
1986). Both Lg blockage due to crustal thinning, and absorfmn due to the increase in
thickness of sediments may operate to increase attenuatiam parts of the Gulf Coastal

Plain.
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Chapman & Conn (2016) jointly estimated shear wave crustal @ssociated with distance
dependent attenuation and site terms for Lg wave Fourier antipude spectra. They used the
site terms to estimate in the Gulf Region. They foundQ = 365f %52, where f is frequency in
Hz. Chapman and Conn concluded that the bulk of the attenuatioin the Gulf Coastal Plain
is not strongly related to crustal waveguide Q, but insteadsi dominated by near-receiver
attenuation re ected by kappa values that are correlated wh local sediment thickness.
Recently, Cramer (2018) estimated) = 259f %72 for the Gulf coastal region. Relative to
the results of Chapman & Conn (2016) and Cramer (2018), rementative estimates of Q
outside the Coastal Plain in eastern North America show higherlues at 1 Hz by a factor of
approximately 1.4 { 2.0, but signi cantly less frequency deendence. For example, Atkinson
& Boore (2014) foundQ = 525f %4> for rock sites in eastern North America. These models
predict lower Q in the Coastal Plain at frequencies less thaapproximately 8-14 Hz, but
higher Q at higher frequencies. Purely on the basis of thesaistal Q estimates, one might
expect lower amplitudes in the Gulf at low frequencies, andrsilar or larger amplitudes at
frequencies of approximately 12 Hz, relative to the averagé sites outside the Coastal Plain.
In this study we observed that Coastal Plain sites exhibit sadler high frequency amplitudes
and larger low-frequency amplitudes than average site cdtidns outside the Coastal Plain.
The origin of the strong frequency dependence of the repadtestimates of crustal Q(f) for
the Gulf Coastal Plain may represent complex trade-o s beteen site terms, source terms and
distance dependent attenuation parameters in the regresasimodels used to invert for crustal
Q. It is our view that ground motion prediction models for Coatal Plain sites will require
information in addition to the estimated value of Q for the custal waveguide. The higher
frequency (greater than 1 or 2 Hz) attenuation as well as the grtitude and frequency range
of low frequency ampli cation we observe in the Coastal Plaiis geographically variable and

is dependent on the thickness of sediments (Chapman & ConrQ15).

The motivation for this study was simple. We attempted to quatify, in a straightforward
way, the relative di erence between site response in the Cstal Plain (Atlantic and Gulf)

and the region outside the Coastal Plain in terms of the Fowr amplitude spectra. We
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focused on spectral ratios because we wanted to establishasis for modifying existing or
future ground motion prediction models established for réelike conditions for application
in the Coastal Plain. The existing ground motion predictionmodels are to a large degree
founded on results derived from the stochastic method of grod motion simulation, and our

approach here is amenable to the development of target spector stochastic simulation.

We expanded the dataset used by Chapman & Conn (2016) by addibroadband stations
in addition to the TA network and data from a few more recent edhquakes including
some occurring in the Appalachian region. Selecting refemnsites is an important step
in the spectral ratio method (Borcherdt, 1970). Our study ishandicapped by a lack of
information on shallow geologic conditions and near-suda velocity at the great majority
of recording locations. Most of the stations outside the Cstal Plain are not sited on hard
rock outcrop, but instead have site conditions ranging fronthin residual soil over hard
crystalline rock (many sites in the Appalachian Piedmont), @ sites on thick sequences of
Paleozoic sedimentary rock (e.g., stations in the Appala@m Valley and Ridge, and many
stations in the mid-continent area). We used mean coda and lgpectra derived from large
numbers of stations outside the Coastal Plain as the referem condition. This approach is

simple, but it lacks rigor and introduces some ambiguity.

Most of our data are from recent (post-2009) shocks occurgroutside the Coastal Plain
region. However, we nd evidence that shocks occurring withithe Coastal Plain produce
motions outside the Coastal Plain that have reduced amplitles at high frequency, an obser-
vation that suggests that Lg waves experience appreciableggh-frequency attenuation near

the source if in the Coastal Plain.
Geologic Background

The Atlantic and Gulf Coastal Plain in the eastern, southedasrn and southern United
States (Figure 4.1) is characterized by a series of sedimamnt formations ranging in age
from Early Cretaceous to Holocene (Salvador, 1991a; Thomasag, 1989; Thomas, 1989).

In the southeast and Mid-Atlantic region of the U.S., the Palezoic rocks of the exposed
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Appalachian orogen include the sedimentary rocks of the fettirust belt (Valley and Ridge
province) and metamorphic belts (Blue Ridge and Piedmont princes) which locally contain
Precambrian basement rocks. These rocks can be traced behdhe post-orogenic Atlantic
Coastal Plain sediments. Early Mesozoic volcanic and sedntary rocks are found in several
extensional basins throughout the Piedmont and also bendéathe Coastal Plain. Those
basins were the result of rifting associated with the opergnof the Atlantic Ocean. The
landward limit of the Atlantic Coastal Plain sedimentary units approximately parallels the
northeasterly structural strike of the orogen, and lies witin the Piedmont province. This
northwestern limit of Atlantic Coastal Plain sediments in the Piedmont is known as the Fall
Line. Over most of the region from southern Georgia to New Jeg the Atlantic Coastal
Plain sediments form a generally seaward thickening wedgethwvmaximum thickness less
than 3 km. Marine Coastal Plain sediments in parts of westerRlorida, southern Georgia,
and southern South Carolina are unconformably underlain byriassic and early Jurassic
volcanic and sedimentary rocks of the South Georgia Basin @8ride et al., 1989; Mcbride,
1991), one of the larger buried Mesozoic extensional basimsthe Appalachian orogen.
Paleozoic rocks beneath the Coastal Plain sediments of sbetn Alabama, Georgia and
Florida di er from those in the Appalachian Piedmont and are eferred to as the Suwannee
terrane. The boundary between the dierent terranes has beeinterpreted as a major
Alleghanian collision zone, named the Suwannee-Wiggins stg¢ (McBride & Nelson, 1988;
Thomas et al., 1989; Parker et al., 2013). In Alabama, the laméard limit of Gulf Coastal
Plain sediments changes trend to the west and northwest, adplie to the strike of Appalachian
Paleozoic sedimentary rocks buried beneath the sedimentshe sediments dip toward the
Gulf of Mexico, forming a wedge that thickens toward the coasFurther to the northwest,
in the Mississippi Embayment of the Gulf Coastal Plain, the ediments cross and bury rocks
of the Paleozoic Appalachian-Ouachita orogenic belt and p@ns of interior cratonic arches
(Thomas et al., 1989; Thomas, 1989).

The Gulf of Mexico is a roughly circular basin, with the centecontaining approximately

15 km of Triassic to Holocene sedimentary rocks (Salvador, 2%). The basement rocks
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beneath the Gulf Coastal Plain sediments were involved in élMesozoic tectonic development
of the Gulf of Mexico (Sawyer et al., 1991). Whereas the o she central part of the Gulf of

Mexico is underlain by oceanic crust, the onshore Gulf CoastPlain in the southern U.S.

is underlain largely by transitional continental crust tha has experienced Early Mesozoic
extension and post-Jurassic sediment accumulation (Satl@a, 1991a; Sawyer et al., 1991,
Galloway, 2008). The area of transition between thick North Amrican crust and oceanic
crust coincides with a thickening of post-Jurassic sedimesn Near the coasts of Texas,
Louisiana and Mississippi, the sediments reach a thickness excess of 10 km (Salvador,
1991b; Sawyer et al., 1991; Galloway, 2008; Chapman & Coni®18). The great thickness
of sediments in the Gulf Coastal Plain of Texas, Louisiana dnMississippi distinguishes that
area from the Atlantic Coastal Plain. The sediment thicknes is greatest along the axis of

the Mississippi embayment.

The Coastal Plain sediments have varying degrees of condation and overlie a high-
velocity basement. These conditions have signi cant e eston earthquake ground motions.
An examination of Modied Mercalli Intensity reported for the 1886 Charleston, South
Carolina earthquake combined with ground motion modelingyoChapman et al. (1990)
found evidence for signi cant wave propagation e ects dueot the Atlantic Coastal Plain
sediments. The modeling suggested that thicker sedimentapproximately 1km) near the
South Carolina coast ampli ed lower frequencies (less thaapproximately 1 Hz) but may
have signi cantly attenuated higher frequency motion, wheeas near the Fall Line an increase
of intensities appears to be the result of high-frequency rigater than 1 Hz) ampli cation
due to the relatively thin sediments. This is consistent wk observations of ampli cation in
the 0.7 to 4 Hz frequency range for Coastal Plain sites in the \Bington, DC area, based

on seismic data from a temporary seismic network deployme(Rratt et al., 2017).
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4.2 Data and Analysis

Figure 4.2 shows the locations of the 17 earthquakes used Iviststudy, with the hypocenter
locations, dates, moment magnitudes and depths (derived BRobert Herrmann) of the earth-
guakes listed in Table 4.1. Twelve of these earthquakes wédoeated in Oklahoma, Arkansas
and Texas, with ve occurring in the Appalachian region. The &tions that provided seis-
mic data include the USArray (TA) stations, United States Nation& Seismic Network (US)
stations, Central and Eastern US Network (N4) stations, the Lawnt-Doherty Cooperative
Seismographic Network (LD) stations and the Southeastern &ue of the Appalachian Mar-
gin Experiment (SESAME; Z9 network). The stations are plottd in Figure 1 with di erent

symbols to distinguish the networks. Most of the TA stationsvere deployed in the study
region during 2010-2012 and each operated for about 2 yearBhe Z9 network operated
between 2010 and 2014 as three pro les extending from Gear¢p northern Florida (Parker

et al., 2013). The N4 network stations are a subset of the TA ngbrk and currently remain
operational. Table 4.2 lists instrument type, sample rateand number of stations for the

various networks.

Broadband seismograms recorded within 1000 km of the eartrakes in Table 4.1 were
downloaded from the Incorporated Research Institutions fdSeismology (IRIS) Data Man-
agement Center. Each seismogram begins 600 seconds priotht® earthquake origin time
and lasts for 3600 seconds. We converted the recordings t@gnd acceleration using the
instrument transfer functions, applied a high-pass lIter vith corner frequency 0.01 Hz, and

rotated the horizontal components to radial and transversdirections.

Further data processing involved computing the Fourier anlppude spectra of coda and
Lg waves, which required determination of coda and Lg time midows. Coda waves are
scattered waves that have taken a variety of paths betweenwsge and receiver. The coda
spectra are insensitive to the source radiation pattern, piure complexities and hypocentral
distance at su ciently large lapse time (Frankel et al., 199; Frankel, 2015; Wu et al., 2016).

For each individual earthquake, we de ned the beginning of @emmon coda window at lapse
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time Ty + 1:5T5, where Ty is the origin time and Ts is the S-wave travel time to the most
distant station chosen for analysis. The choice of the largehypocentral distance used for
analysis was a compromise between the size of the dataset #melsignal-to-noise levels of the
distant recordings. The entire coda window length was chaséo be 20 s for all earthquakes.

The Lg arrival time as a function of hypocentral distance r (k) is

r
T|_g = T0+ 3—53 (41)

This model was developed by Chapman & Conn (2016) using dataom the 28 February
2011 Arkansas earthquake, which is also included in our da&és The following equation
was used to de ne the duration of the Lg windowt 4,

Z

Tig *+tg Z Ty +800
a’dt =0:7 adt; (4.2)
Tig Tig
where a is the ground acceleration. The window contains theaximum amplitudes of the

Lg waves.

We applied a cosine taper to the initial and nal 15Noise sperd were computed simulta-
neously using tapered windows starting at the beginning ohé seismograms with the same
durations as the corresponding coda and Lg windows. Then tiggometric mean of the two
horizontal-component spectra was calculated for subseaqu@nalysis. We carefully selected
seismograms with good signal-to-noise ratios over relagly wide frequency bands by visual
inspection. Traces with strong modulations in the spectra eve discarded. Only Fourier
spectral amplitudes within frequency bands where the sighto-noise ratio is larger than ve
were used for analysis, to minimize the e ects of noise. TabK.3 lists the total number
of recordings, number of recordings in the Coastal Plain, agell as the distance range for
each earthquake in the nal dataset. Table 4.7 lists the st&n name, location and depth to
basement, (i.e., sediment thickness) for stations in the @etal Plain. Most of the sediment
thickness values beneath stations in the Gulf Coastal Plaiare adapted from Chapman &
Conn (2016), which were determined from Salvador (1991b)e@ment thickness at stations

further to the east in the Appalachian region were estimateddm depth-to-basement con-
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tour maps by Herrick & Vorhis (1963); Wait & Davis (1986); Salador (1991b); Lawrence &
Ho man (1993) and Powars et al. (2015).

Some examples of the data are shown in Figure 4.3 which shoadial and transverse ac-
celeration seismograms from the 06 November 2011 Prague, &kima earthquake, recorded
at station N35A and station 440A at similar distances of 590 km. Station N35A is in east-
ern Nebraska and is underlain by residual soils and weatherBdleozoic sedimentary rocks,
while station 440A in the Gulf Coastal Plain is located on 8 km of Mesozoic and Cenozoic
sediments. The acceleration amplitudes at station 440A ammaller compared to station
N35A. Comparison of the corresponding coda and Lg Fourier sprecin Figure 4.3 shows
that ground motions recorded at Coastal Plain station 440Ara larger at low frequencies
(< 0:6 Hz) and smaller at high frequencies> 1 Hz) relative to station N35A. Accelera-
tion recordings and Fourier amplitude spectra at Coastal Rin stations from the 15 Feb
2014 South Carolina earthquake and the 13 Oct 2010 Oklahomaraquake exhibit similar

behavior relative to sites outside the Coastal Plain (Figu 4.3).
Coda Analysis

According to the single-scattering model for coda waves proged by Aki & Chouet
(1975), the spectral amplitudeY;c(f;t) of coda waves recorded at the jth station in the
Coastal Plain at some lapse time t after the origin time of théh earthquake can be expressed
as

YE(fit) = Si(F)GHPE(;); (4.3)

where Si(f ) is the source spectrum ands{(f ) represents the site response for coda waves
at the jth station, j=1,2,3..n. E(f;t) combines the coda scattering intensity and subsequent
decay of the coda as a function of frequency and lapse time,iafhis assumed independent
of source and station when the lapse time t is larger than 1.5-2 times the S wave arrival
time (Frankel, 2015; Wu & Chapman, 2017). Our major assumpih is that E(f;t) is a
property of the crust, shared by all earthquakes and statia) both within and outside of the

Coastal Plain. This requires that the crustal waveguide betdeast approximately the same
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for the region encompassing all the earthquakes and stat®nAs noted in the Introduction
Section, previous studies of crustal Q have reported regandi erences in the central and
eastern United States, most signi cantly between the Gulf Castal Plain on the one hand,
and the Cratonic Platform - Appalachian region (outside the Mantic Coastal Plain) on
the other. Our hypothesis here (that we test using residualnalysis) is that the lower Q
values reported for the Gulf Coastal region at frequenciexlow approximately 10 Hz are
due, at least in part, to trade-o s in the regression models édween distance dependent
crustal attenuation (parameterized by a frequency-depeedt quality factor Q) and strong
geographically variable local attenuation, which can be pameterized by o and is re ected
in the site terms of the regression models. We recognize tlditerences in crustal structure
(e.g., crustal thickness) exist throughout the central anéastern United States. We assume
that di erences between the response of stations at a xed fse time for a given earthquake
are due to path di erences arising near the receiver statiofi.e., site response), and involve
Gj(f), in the case of stations in the Coastal Plain, as well as sitesponse at stations outside

the Coastal Plain.

We distinguish the coda spectral amplitude at thékth station outside the Coastal Plain,

at lapse time t for the ith earthquake, as
T (1) = SF)GHPE(f;); (4.4)

whereéﬁ(f) represents the site response of a station outside the CaalsPlain.

Our approach is to de ne a reference spectrum for each eartike, based on the coda
spectra at a xed lapse time and recorded by stations outsidthe Coastal Plain. Site
conditions outside the Coastal Plain, like conditions witim it, are variable. Many non-
Coastal Plain sites are on soil and alluvium, overlying welgered rock. The conditions may
result in modulated ampli cation of the Fourier amplitude gectra at frequencies that depend
on the thickness and velocity of the near-surface materialhese site response e ects are
contained in the GS(f) term for the kth station. Visual inspection of all these spetca

indicates that in most cases the modulations (if present) oar at frequencies greater than
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1-3 Hz. Spectra exhibiting strong peaks were discarded. Stag (averaging) the remaining
spectra from di erent stations recording the same earthque for a xed lapse time reduces
the amplitude of the modulations in the mean and the result ia \smooth" spectrum, given
a su cient number of individual spectra. Our reference spdcum for the ith earthquake is

the mean of the coda spectra from the stations located outgidhe Coastal Plain,

xn
Yot = 17 S (OGHNERT) =

S(fFE(f;t) X
k=1 m k=1

Ge(f); (4.5)

where m is the number of stations involved in calculating thenean reference spectrum.

The coda spectral ratio for the jth station recording the ithearthquake is obtained by
dividing equation (4.3) by the reference spectrum given bygaation (4.5),
Yt o G
Yoty o L0 G(f)

RS(F) = (4.6)

In equation (4.6), taking the ratio of the coda spectrum at tle Coastal Plain station to the
reference spectrum removes the source and path e ects by caltation. The result represents
the response e ects of the Coastal Plain site relative to theeference condition. The reference
condition is the mean site response of all stations outsideda Coastal Plain recording the

ith earthquake.

At high frequencies, the site response term for the jth Coaat Plain recording, which
represents the numerator term in equation (4.6), exhibitsx@onential decay with frequency
that we model as

Gi(f) = Ajexp( k;f); 4.7)

whereA; is a constant. Herek; (kappa) is analogous to , of Anderson & Hough (1984). Itis
a site-speci ¢ parameter that accounts for the near-recasy attenuation e ects and describes
the spectral decay at high frequencies (Anderson & Hough, 19&tkinson & Boore, 2014).

Likewise, we model the denominator term in equation (4.6) lfe reference spectrum) at high
frequencies as

X0
GE(F) = Arexp( Kk f); (4.8)

1
M o1
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wherek; represents the "average" kappa for the reference condition

Substituting equations (4.7) and (4.8) into equation (4.6)eads to the following model

for the logarithm of the coda spectral ratio at high frequenes
cy — Aj — .
In(Rf) = In(A—) ki k)f =C  (kpf (4.9)
r

where C; is a constant and k; = (k;j k) is the di erence between the kappa valuek|)

at the jth Coastal Plain station and the average kappak() at the reference sites. A linear
regression of the natural logarithms of the coda spectraltra in the frequency range between
approximately 3 Hz and the high frequency signal limit impogEby noise provides an estimate
of C; as the zero-frequency intercept and ( k;) as the slope value. The measured slopes
of equation (4.9) depend on sediment thickness at the statipwhereas the intercept values
are generally close to zero (e.g., Figure 4.4). The mean irdept (from 266 measurements)
is 0.266 with a standard deviation of 0.412.

Figure 4.4 shows some examples of the coda spectra and s@atatios recorded at
Coastal Plain stations on di erent thicknesses of sedimentin Figure 4.4 (a), we show the
coda acceleration spectra recorded at Coastal Plain stati® 440A and Z41A, as well as the
reference spectrum from the 06 November 2011 Prague, Oklalmearthquake. Sediment
thickness is 8.0 km at 440A and 2.5km at Z41A. Relative to the mean reference spectrum,
both Coastal Plain spectra are ampli ed at low frequencies<(1Hz) and attenuated at high
frequencies. The corresponding natural logarithms of theda spectral ratios (logarithm of
equation 4.6), are also shown in Figure 4.4 (b). We note thedh frequency (greater than

2-3 Hz) spectral trends at station 440A show a steeper slopeathat Z41A. The estimated
di erence in kappa, relative to the reference condition, dbm linear regression ts according to
equation (4.9), is 161 ms and 62 ms for 440A and Z41A, respeetiv The frequency range
over which equation (4.9) holds depends on the degree and Hamndth of low-frequency
ampli cation, and the signal-to-noise ratios at high freqency. For the example shown in
Figure 4.4, this range, where the log spectral ratio versugefijuency plot is linear, is from
2.5-11 Hz for 440A, and from 1-7 Hz for Z41A. This was determinedifn visual inspection
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of the coda spectra and the spectra of pre-signal noise. Aldwown in Figure 4.4 are two

additional examples involving di erent stations and eartlguakes.
Kappa Model

Figure 4.5 shows thek values determined in this study from the coda spectral rat®
and the Lg kappa values determined by Chapman & Conn (2016) &oastal Plain stations
plotted versus the sediment thickness. The estimates & values from coda spectral ratios
agree well with the Lg kappa estimates, and both sets of valishow correlation with the
thickness of Coastal Plain sediments. The Lg kappa measurents by Chapman & Conn
(2016) are from sites in the Gulf Coastal Plain with only 12 nmesurements on sediments less
than 1 km thick. In contrast, 69 k values were derived from stations on less than 1 km of
sediment, and approximately 30% of those were from statioms the Atlantic Coastal Plain
(east of 8% W longitude). The agreement betweenk and Lg kappa implies that kappa for
the reference condition is small, essentially negligible comparison to kappa at the Coastal

Plain stations examined here.

The k values are the di erence between kappa at the Coastal Plaiites and the reference
model (equation 4.9). The thinnest sediment site in the Cote Plain used to estimate k in
this study has sediments 90 meters thick. Under our assumpti®, k should be near zero for
zero sediment thickness. In order to match this constraintye use a logk versus log thickness
regression model to t the data. This type of model is suppoed by some simple theoretical
1-D wave propagation models we examined (Figure 4.6). We calated theoretical kappa
values from models for Coastal Plain sites with di erent sdthent thickness, assuming a
plane-layered velocity structure and vertical S-wave indence. We approximated a gradient
model for shear wave velocity and Q by using a large number adrizontal layers. Figure 4.6
shows an example shear wave velocity and Q model for sitestwsediment thickness of 5 km
and 12 km respectively. The model is crude, constrained bydltompressional wave velocity
pro le near the Gulf coast by Avendonk et al. (2015), with venylittle information about S-

wave Q as a function of depth in the Coastal Plain (Chapman et.22008). We assume that
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velocity and Q increase rapidly at shallow depth (less than.® km), and that the increase
with depth becomes more gradual at greater depths (Figure®}. The theoretical kappa
values re ect this gradient behavior, increasing rapidlyrbm zero at zero sediment thickness,
and transitioning to a more linear increase for thickness gater than 0.5 km (Figure 4.6).
Note that the purpose of the modeling shown in Figure 4.6 wasmgply to identify the form

of the regression model to use for tting the actual observains, shown in Figure 4.5.

The nal k model was derived by combining the measures from the coda angl kappa
values Chapman & Conn (2016) as a function of sediment thickss Z. This was done because
there appears to be no signi cant systematic di erence in tb two sets of measures, given

the scatter in the observations. The result is
In(k)=( 2932 0:029)+(0:339 0:020)n(Z2); (4.10)

or

k =0:053% %3 (4.11)
where k is in seconds and Z is in kilometers.

The model above (equation 4.11) is plotted as a thick line ini§ure 4.5. The dashed
lines are the 84 percentile and 16 percentile levels, calt@ld by adding and subtracting the
regression standard error estimate to the log-log data t (guation 4.10). The derivative
of equation (4.11) is a decreasing function of Z, predicting large change ofk values
with changes of thickness on thin sediment sections, whicledomes less dramatic for thick
sequences. This is consistent with our modeling (Figure 4.énd may be due to the e ects
of sediment compaction under increasing con ning pressuvéth depth. The model predicts
a k value of 0.053 s at 1 km thickness and a value 0f0.124 s for sediment thickness of
12 km.

Lg Analysis

At low frequencies, the coda spectral ratios contain surfaavave energy and may not be a

good estimate of the relative site response for the higher plitude parts of the seismogram
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that are associated with the Lg phase. Therefore, we calctéd the spectral ratios of Lg
waves which arrive earlier in the seismograms. We modeledethhg spectral amplitude

recorded at thejth Coastal Plain station from the ith earthquake as

rif.
o )V) (4.12)

wherer; is hypocentral distance andP(r; ) is the geometrical spreading term independent

Yo (f) = Si(F)Go(F )P (ry)exp(

of frequency andeLg (f) is Lg wave site response at Coastal Plain station j. Q(f) ishe
average quality factor for the crustal wave guide, which isssumed common to all stations
and sources, and v is the average velocity of the Lg waves ajahe propagation path in the

crust.

We de ne the reference condition for the Lg phase in a manneinslar to the approach
used for the coda, by using a mean of Lg spectra from stationatside the Coastal Plain.
However, the Lg spectra depends on the station distance r, adderent stations experience
di erent degrees of geometrical spreading and anelastic sdrption. This is in contrast to
the situation with the coda, where all the spectra are meased at the same lapse time. For
the jth station in the Coastal Plain, we compute a corresporidg mean reference spectrum

using stations outside the Coastal Plain at distances thati@r only slightly from r; , given

by

Si(f) X ri

Loy IV / Lg af

Y o) v GLI(F )P (rig)exXp( = o v —_9; (4.13)
for 0.95r;; rqg 1:055 and q = 1,2,3..m, where m is the total number of non-Coastal

Plain stations satisfying the 5% distance requirement andﬁgg (f) is the site response for
Lg waves at non-Coastal Plain station q. The Lg spectral radi for the jth Coastal Plain

station recording theith earthquake is obtained by dividing equation (4.12) by the ference
spectrum given by equation (4.13),

Vo) G ()P (ry )exploy) _G(f)
YOO AT B OP(rem o) A 0, G

m

RY9(f) = (4.14)

Equation 4.14 assumes that the source radiation pattern i®ustant, for all stations. The

Lg wave is comprised of multipath S waves that leave the so@®ver a range of take-o
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angles, which tend to average out the radiation pattern at ta higher frequencies. However
this does not occur to the same degree as with the coda. We espi@creased scatter in the

Lg ratios due to radiation pattern e ects.

4.3 Quantifying Site Response as a Function of Sedi-

ment Thickness

As shown by example in Figure 4.4, the response of the CoastdhiR stations relative to
the reference condition involves ampli cation at lower frguencies (less than 1-3 Hz) and
attenuation at higher frequencies. These frequency-demint e ects appear to depend on
the thickness of Coastal Plain sediments. Figure 4.5 showsat kappa (and the magnitude
of attenuation) is correlated with sediment thickness. It irns out that the degree of am-
pli cation and the frequencies at which the ampli cation ocurs also depends on sediment

thickness.

We examined the behaviors of Lg spectral amplitude ratios thirespect to sediment thick-
ness at di erent frequencies. We combined spectral ratio rasurements from all earthquake-
Coastal Plain station pairs (equation 4.14). We assume thaurce radiation pattern e ects
are negligible, and that the observed spectral ratio of eqtian (4.14) is a good approxima-
tion of the ratio of the site response at a given Coastal Plaistation relative to the reference
condition. At a given station, for a given earthquake, we bimed the spectral ratios accord-
ing to frequency, using 12 successive frequency intervabéns), 0.06-0.14, 0.14-46, 0.46-0.66,
0.66-0.86, 0.86-1.26, 1.26-1.66, 1.66-2.46, 2.46-3.28-3.86, 4.86-6.46, 6.46-8.06, 8.06-11.26
Hz. The center frequencies of the intervals are 0.1, 0.3, 0,9676, 1.06, 1.46, 2.06, 2.86, 4.06,
5.66, 7.06 and 9.66 Hz, respectively. The binned value is theognetric mean of the spectral

amplitudes in each frequency interval.

Figure 4.7 plots the natural logarithms of the frequency-bined Lg spectral ratios as a
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function of sediment thickness at the recording station, fobin center frequencies ranging
from 0.1 to 2.86 Hz. The scatter is large, but some trends can bescerned. At the lowest
frequencies (0.1 and 0.3 Hz), the values are mostly positivadaexhibit an increasing trend
throughout the range of sediment thickness. At frequencigs56-0.76 Hz, the natural log-
arithms show overall positive values but exhibit a very sligt linearly decreasing trend for
thickness larger than 1 km. As frequency increases>(1.06 Hz), the logarithms of the Lg
spectral ratios become negative at large thickness 8 km) with a linearly decreasing trend,
indicating that attenuation e ects of the sediments dominge at high frequencies and become

stronger as thickness increases.

The behaviors of the Lg spectral ratios are more complicated the thickness range 0-3
km, as shown in the lower panels with a zoomed-in view in Figei4.7. For insight as to how
the relation between the Lg spectral ratios and the sedimenhickness might behave, we
simulated theoretical transfer functions for sites on semlients of di erent thickness ranging
from 100 m to 12 km. We used 1-D plane-layered velocity and Q wchels (Figure 4.6)
assuming vertical S-wave incidence and the quarter-wavetgh approximation (Joyner et al.,
1981; Boore & Joyner, 1991). We calculated theoretical st ratios by dividing the
transfer functions for sediments by the transfer functionfoa model reference site (thin soil
layer over basement rock). We found that the natural logaritms of the theoretical spectral
ratios can be roughly approximated by bi-linear functionsfesediment thickness with di erent
transition thicknesses in a frequency range of 0.1-2.86 Hz.orFa given frequency, these
piecewise linear functions show a zero value of the naturalglarithms of the spectral ratios

at zero thickness and can be described as
In(R)y=a,+ bz, 0 Z Zg (4.15)

IN(R)=a,+ bZ, Z Zo (4.16)

where R is the spectral amplitude ratio, Z is the sediment tobkness in km andZ, is the

transition thickness from one linear segment to the other. fie coe cients a;, by, a; and b,
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are constrained by the following conditions:
a;=0; (4.17)

a + b120 = a+ szo: (418)

The observed Lg spectra amplitude ratios in Figure 4.7 are rdeled using equations (4.15)
and (4.16) with constraints according to equations (4.17)ral (4.18) using linear regression
with the transition thickness Z0 at each frequency determad from the theoretical modeling.
Figure 4.7 plots the resulting functions, representing ®tresponse e ects of sediments in
the frequency range of 0.1-2.86 Hz, with the transition thickess indicated by triangles.
Table 4.4 lists the parameters in equations (4.15 through ¥) for di erent frequencies.
The corresponding 84 percentile and 4.16 percentile levelere calculated by adding and
subtracting the regression standard error of estimate to ghmeans, and are indicated by the
dashed lines in Figure 4.7. The regression parameters foredent frequencies are listed in

Tables 4.5 and 4.6 respectively.

Figure 4.8 plots the logarithms of the Lg spectral ratios at@ne speci ¢ frequencies from
4.06 t0 9.66 Hz, versus recording site sediment thickness. €llogarithms of the spectral ratios
at these higher frequencies become increasingly negatigs frequency increases), indicating
a transition from low frequency ampli cation to high-frequency attenuation which is most
obvious for sites with thicker sediments. At frequencies diner than 2.86 Hz, (Figure 8),
attenuation e ects of the sediments dominate the site respse. We modeled the general
trends of the spectral ratios at high frequency successfullFigure 4.8) using equation (4.9)
and the sediment thickness-dependenk model given by equation (4.11). Figure 4.8 shows
the predicted values of the Lg spectral ratio. The values wercomputed using the mean
value of 0.266 determined from 266 measurements of the zé&emguency intercept termC;
in equation (4.9). Lg spectral ratio data at frequencies gager than 9.66 Hz are sparse, and
show increasing scatter with frequency, largely due to lowsignal/noise ratios at the higher
frequencies. This is particularly the case for stations orhick sediment in the Gulf Coastal

Plain. We estimated the Lg spectral ratio versus sediment ttkness function at frequencies
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greater than 2.86Hz using equation (4.9) and the thicknesgplendent k model (equation
4.11).

4.4 Target Spectra for the Stochastic Method and Eval-
uation of the Site Response Model Using Residual

Analysis

We used the stochastic method of ground motion simulation texamine the potential use of
our spectral ratio model for ground motion prediction in theCoastal Plain. The approach
we used follows Chapman & Conn (2016). It involves calculat of a simulated Fourier
amplitude spectrum (or \target" spectrum in the context of the stochastic method) using
the spectral ratios de ned in the previous sections. The rghials are the di erence between

the logarithms of the observed spectral amplitudes and thensulated target amplitudes.

The stochastic ground-motion simulation method has beenequently used to model
high frequency ground motion (Hanks & McGuire, 1981; Boore 983; Atkinson & Boore,
2006). The target Fourier amplitude spectrum used in the stihastic method, T(f), is often
represented as

T(f) = Sourcdf )P ath(f )Site(f); (4.19)

where Sourcgf ) is the earthquake source spectrun® ath(f ) represents the path e ect of
S-wave or Lg-wave propagation through the crust, an&ite(f ) is the site response e ect
in the vicinity of the recording site. The source spectra wermodeled according to Brune

(1970, 1971) as
Mo(2f )2, 1

Sourcgf) = B 1+(ff—c)2(4 )

(4.20)

where My is the earthquake seismic moment,. is the corner frequency, (assumed to be

3:53 10 cm/s) is the shear wave velocity at the source, and (assumed to be 2.g=cn¥)
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is the density at the source. The corner frequendy. is given by

fo=0:491 (M—O)%; (4.21)
where is the earthquake stress drop in units oflyn=cn?, M, is in units of dyn-cm
and the shear wave velocity is expressed in units of cm/s. ThmnstantB = R FgV,
whereR s the radiation pattern (assumed to be 0.55)F; is the free-surface e ect for Lg

(assumed here to be a factor of 2) and V represents the e ect pértition of motion onto

two horizontal-components (0.71).

The path term for Lg propagation can be expressed as
fr
Q(f )v

P (r) in equation (4.22) represents geometrical spreading. Atsdances beyond approximately

Path(f) = P(r)exp( ): (4.22)

120 km, the Lg-phase exhibits surface wave (cylindrical) gmetrical spreading (Wang &
Herrmann, 1980; Herrmann & Kijko, 1983; Kennett, 1986). Near #h source, where the
S-wave eld is dominated by direct arrivals, approximate bdy wave (spherical) spreading
is expected, although both theoretical calculations for Jered Earth models and empirical
observations indicate that geometrical attenuation may der somewhat from the theoretical

rl far- eld spreading for an isotropic source in a homogenousaEh. The apparent spreading
may involve source radiation pattern, directivity, focal epth, and di erent behavior for

the vertical and horizontal components (Ou & Herrmann, 1990Chapman & Godbee, 2012;
Atkinson & Boore, 2014; Frankel, 2015). In the distance ramgfrom approximately 60 to 120
km, post-critical re ections from the lower crust and the Mdwo are important, and the S-Lg
wave packet amplitude tends to be approximately constant (B&ger et al., 1987; Atkinson &
Mereu, 1992; Atkinson, 2004). Chapman & Conn (2016) examoh&wvo geometrical spreading
models in the Gulf Coastal Plain. The models dier only in thenature of spreading at
hypocenter distances less than 60 km. We tested both modelghwour expanded data set
for this study. We settled on the following model as being mbsonsistent with the data

from all stations (both inside and outside the Coastal Plaimegion):

P(ry=r *% r 60km; (4.23)
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P(r)=60 % 60 r 120km; (4.24)
_ o, Iy os. :
P(r)=60 (59 °% r  124m: (4.25)

The quality factor Q(f ) for the crustal waveguide is assumed to be
Q(f ) = 600f %42; (4.26)

The quality factor model was arrived at from analysis of reduals using many trials with
di erent models. We looked at high Q models for paths in the Apglachians and central
platform and low Q models in the Gulf region. The nal model isimilar to that of Atkinson

& Boore (2014), for rock sites in northeastern North America.

Site(f ) in equation (4.19) is the site response term, dependent ohe velocity structure
and attenuation properties of materials beneath the reconaly site. As demonstrated in the
previous sectionsSite(f ) for sites in the Coastal Plain di er substantially from the mean
condition of sites outside the Coastal Plain. Here we assumiket following model for the

reference condition (average condition outside the Coasflain):
Siterer (f) = Fexp( Kk of): (4.27)

The ampli cation factor F is the crustal ampli cation factor of Boore & Thompson (2015)
for stable continental regions and Vs30 = 2.0 km/s. FollowindBoore and Thompson, we
adopted ko = 0.006 s recommended by Hashash et al. (2014) for referendessin Central

and Eastern North America. For sites in the Coastal Plain, theite response term is
Sitecy(f ) = Siteer (f )Ratio(f; Z ): (4.28)

For frequencies in the rangé = 0.1 - 2.86 Hz,Ratio(f; Z ) = R, whereR is given by equations
(4.15) and (4.16) with parameters listed in Table 4.4. For éguencies greater than 2.86 Hz,

Ratio(f; Z ) = Ratio(2:86Hz;Z)e * ( 286 (4.29)

where k is given by equation (4.11). Figure 4.9 shows the Lg spectraltios Ratio(f;Z )

plotted as functions of frequency for sediment thicknessmging from zero to 10.5 km.
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Examination of Residuals

The residuals are the di erence between the logarithms of éhobserved Lg-wave Fourier
amplitude spectra and the target spectra. We calculated tlee sets of residuals. Reference
station residuals were calculated using equation (4.27) tte ne the site response. We calcu-
lated Coastal Plain residuals also using equation (4.27) tie ne the site response. We refer
to the second set of residuals as the \uncorrected" Coastaldh residuals. We calculated a
third set of residuals for the Coastal Plain sites with the teget spectrum de ned using the
Coastal Plain site response given by equation (4.28). We eefto this third set of residuals

as the \corrected" Coastal Plain residuals.

Figure 4.10 shows the three sets of residuals for the 8 NovemB811 Oklahoma earth-
guake at 5 frequencies, plotted versus hypocenter distaneed sediment thickness. For
reference, Figure 4.10 also shows the mean and mean +/- onarstard deviation residual
values for the reference stations. The residuals for the eeénce stations are well behaved,
with mean values near zero at all frequencies and no apparetstance dependence. In con-
trast, the uncorrected Coastal Plain residuals show a strgnfrequency dependence, with a
dependence on distance and sediment thickness at frequescgreater than 1 Hz. Relative
to the residuals for the reference stations, the uncorrect€oastal Plain residuals tend to be
positive at low frequencies (less than 1 Hz) and negative atgfier frequencies. The corrected
Coastal Plain residuals match the behavior of the referencesiduals in terms of amplitude
and lack of distance and sediment thickness dependence. Ndtat the plots of residuals
versus sediment thickness show much less scatter at highginency, compared to the resid-
uals plotted versus distance. We consider this convincingidence that sediment thickness
plays the dominant role in explaining the variability of attenuation in the Coastal Plain. The
apparent distance dependent behavior of the high-frequgnancorrected residuals in the left
column of Figure 4.10 exists because many of the more distatations from this earthquake

lie near the Gulf coast, on extremely thick sediment (Chapnma& Conn, 2016).

Figures 4.11 and 4.12 show residuals for the 8 April 2011 Arkassand 10 November
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2012 Kentucky earthquakes, respectively. Although these rlaquakes are widely separated
in location, in both cases the patterns of the residuals aranslar to those observed for
the Oklahoma earthquake (Figure 4.10). The residuals for ¢hreference stations are near
zero at all frequencies and show no obvious distance depemtke Likewise, the uncorrected
Coastal Plain residuals are mostly positive relative to thenean of the reference residuals
at frequencies less than 1 Hz, whereas they are negative atheg frequencies, becoming
systematically more negative as sediment thickness incees. The corrected Coastal Plain
residuals match the reference residuals well, implying thaur model for the ratio of the site
response of the Coastal Plain to that of the reference conith (Ratio(f;Z )) in equation

(4.28) works well for these events.

The residual patterns shown in Figures 4.10-4.12 hold for stoof the earthquakes in
our data set. In Figures 4.15-4.17, we have condensed theomfiation for all events by
plotting the mean residuals for the reference stations, uaoected Coastal Plain stations
and corrected Coastal Plain stations as functions of frequey. In most cases, the mean
uncorrected Coastal Plain residuals equal or exceed thodetlte reference stations at lower
frequencies (less than 1 or at most, 5 Hz), and are less (morg@atve) than the mean residual
of the reference stations at higher frequency. In most caseke corrected mean residuals
are closer to the values of the mean reference residuals,tgatarly at higher frequencies ¢
1-5 Hz). Exceptions to this behavior involve the 30 November 2@ Delaware event at high
frequency, the 20 November 2010 Arkansas event at low frequgnthe 12 December 2018
Tennessee event at high frequency and two earthquakes thatcorred in the Coastal Plain
of Texas. The data sets for the Delaware, Arkansas and Tennessvents are small. The two
Texas events represent important exceptional cases. Thegm the only two well-recorded

events with epicenters within the Gulf Coastal Plain availble for this study.

Figure 4.13 shows the residuals for the 20 October 2011 eaytlake in southern Texas.
The residuals behave in similar fashion to those shown in kiges 4.10-4.12 at frequencies
less than 1 Hz: the reference residuals are near zero and unected Coastal Plain residuals

exceed the mean value of the reference residuals. The caedcCoastal Plain residuals
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show good agreement with the reference residuals at freqoes less than 1 Hz. However,
the reference residuals are very signi cantly negative atigher frequencies, showing little
di erence with the uncorrected Coastal Plain residuals. Alkites experience signi cant high
frequency attenuation, regardless of where they are locdiaelative to the prediction of our

reference site model. On the other hand, the corrected CoakPlain residuals are much closer
to zero value, suggesting that the model expressed by equeti(4.28) is at least somewhat
e ective in predicting the actual ground motion for sites inthe Coastal Plain from shocks

located within it.

The negative values of the high frequency reference resithuor the two earthquakes in
the Texas Coastal Plain suggest that stations outside the @stal Plain experience substantial
Lg-wave attenuation on the source end of the path. Reciprdgisuggests that it should be
possible to account approximately for this behavior by usmthe Coastal Plain site response
term (equation 4.28) to calculate the target spectrum for ta reference stations at high
frequency, assuming that the earthquake focal depths arethin the sedimentary section or
at least not signi cantly below the top of the basement. Thedcal depth of the 20 October,
2011 event was estimated at 3 km (Table 4.1), and the thicknesf the Coastal Plain section
is approximately 5.5 km at the epicenter. The May 17, 2012 dasn Texas event had an
estimated depth of 5 km and the sediment thickness at the epiater is approximately 4 km.
We believe that these induced events probably occurred at oear the top of the basement,
in which case a correction based on the thickness of the sedmts at the epicenter (Z) would
be appropriate. Figure 4.14 shows the result of correctingoth the Coastal Plain residuals
and the reference stations residuals, for the 20 October 204outhern Texas earthquake, at
frequencies greater than 1.0 Hz. The corrected Coastal Plaiasiduals and the corrected
reference residuals are near zero and in good agreement. Aentl similar results for the 5

May 2011 eastern Texas earthquake (Figure 4.18).
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4.5 Conclusions

We used both coda and Lg-wave spectral ratios to study Lg-waypropagation in the Atlantic
and Gulf Coastal Plain, relative to a reference site condan. The results of the study are in
the form of bi-linear equations (equations 4.15 and 4.16, twicoe cients listed in Tables 4.4,
4.5 and 4.6) that relate the Lg wave Fourier amplitude spedct ratios of the Coastal Plain
sites to the reference condition as functions of sedimentitkness at frequencies of 0.1, 0.3,
0.56, 0.76, 1.06, 1.46, 2.06 and 2.86 Hz. The spectral ratibgraquencies greater than 2.86
Hz are given by equation (4.29), which involves our model foi drential kappa ( k) that
is a function of sediment thickness (equation 4.11). Equat (4.29) and the k model can
be used to account for high-frequency attenuation that occsi for receiver locations outside
the Coastal Plain for shocks located within the Coastal Plai We observed apparent near-
source, high-frequency attenuation at distant stations dside the Coastal Plain from shocks

in southern and eastern Texas.

The reference condition is not a \rock" site, but rather is tle mean site condition of
many stations located outside the Atlantic and Gulf CoastaPlain. This should be kept
in mind if these results are applied in site-speci ¢ ground otion prediction. We nd that
signi cant accumulations of Coastal Plain sediment amphf the low frequencies (less than
approximately 1 Hz) and attenuate high frequencies (e.g., emter than approximately 3
Hz), relative to the reference condition, with thickness offte Coastal Plain sediment being
the key variable controlling geographic variability of regonse. The frequencies at which
ampli cation occurs and the magnitude of the attenuation ae functions of Coastal Plain

sediment thickness.

The results of the study may be used to develop target Fouri@mplitude spectra for the
stochastic method of ground motion simulation. Such simufi@ns could be used to develop
engineering response spectral ratios, (Coastal Plain/esence) as functions of earthquake
magnitude, hypocenter distance and sediment thickness,gmided that appropriate duration

models are available.
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Figure 4.1: Geologic map of the central and eastern United $ites. Locations and station codes of
the Earthscope Transportable Array (TA) stations (triangl es), the United States National Seismic
Network (US) stations (hexagons), the Central and Eastern U5 Network (N4) stations (circles), the
Lamont-Doherty Cooperative Seismographic Network (LD) stations (stars) and the Southeastern
Suture of the Appalachian Margin Experiment (Z9) stations (diamonds) used in this study are
indicated. The thick solid curve shows the boundary of the Atantic and Gulf Coastal Plain.

Adapted from Garrity & Soller (2009).
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Figure 4.2: Epicenters of earthquakes (circles) used in tisi study. Sizes of the circles are scaled to

the moment magnitude listed in Table 4.1.
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Figure 4.3: (a) Horizontal-component acceleration seismgrams recorded at station 440A in eastern
Texas and station N35A in eastern Nebraska, from the Mw 5.65 6 November 2011 earthquake in
Oklahoma. The stations are at a distance of 590 km. The shaded areas from left to right denote
the windows used for calculating Lg and coda spectra respeiely. (b) Corresponding geometric
mean of coda and Lg spectra from the two horizontal recording at station 440A and station N35A

using the windows de ned in (a). (c) and (d) are the same as (a)and (b) but recorded at station

W02 in northern Florida and station T56A in western Virginia , from the Mw 4.11 15 February
2014 earthquake in South Carolina, with epicentral distane of 390 km. (e) and (f) are the same
as (a) and (b) but recorded at station 438A in southeastern Texas and station 433A in the Llano

uplift of central Texas, from the Mw 4.33 13 October 2010 earhquake in Oklahoma, with epicentral

distance of 500 km.
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Figure 4.4: In the top panel, (a) shows the geometric mean of Gurier acceleration amplitude
spectra for horizontal-component coda waves, computed fra a 20 s window at a lapse time of 334
s after the origin time of the 06 November 2011 Prague earthgake in Oklahoma. The black line
and gray line are computed from coda waves recorded at Coadt®lain stations 440A and Z41A,
underlain by sediments of thickness 8 km and 2.5 km respectively. The thicker line is the mean
coda reference spectrum computed for non-Coastal Plain stens. (b) Ratios of coda spectra at
station 440A (black) and station Z41A (gray) shown in (a), to the mean reference spectrum (thicker
line in (a)). The solid line segments indicate the frequencyranges of spectral ratios used for linear
regression (thicker lines). (c) and (d) are the same as (a) ah (b) but for coda waves from the 15
February 2014 South Carolina earthquake recorded at statin W02 with sediment thickness 2.5
km and station W21 with 0.5 km of sediment. Coda spectra are calculated at a lapse tienof
280 s after the event origin time. (e) and (f) are the same as (g (b) but for coda waves from the
13 October 2010 Oklahoma earthquake recorded at station 428with sediment thickness 8.0 km
and station Z38A with 3.0 km of sediment. Coda spectra are calculated at a lapse timof 225 s

after the event origin time.
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Figure 4.5: Di erential kappa ( k) from linear least square regression of coda spectral ratgin this
study (dots) and Lg kappa from Chapman and Conn (2016) (crosss) versus thickness of the post-
Jurassic marine sedimentary section. Outliers at the 5% an®5% level from an initial regression
were removed for the nal regression results shown here. Sdlline shows the least-square regression
t to both data sets, k = e 293270339 (regression model:In( k) = ( 2:932 0:029) + (0:339
0:020)n(2)), where Z is the thickness of Coastal Plain marine sedimentn km. The dashed lines
are the 84 percentile and 16 percentile levels, calculatedybadding and subtracting the regression

standard error of estimate to the log-log data t.
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Figure 4.6: (a) Shear wave velocity and Q versus depth assurdefor the Coastal Plain (5 km
sediment thickness). (b) Same as (a) for 12 km sediment thiakess. (c) Di erential kappa ( k)

values for the assumed model (dots), compared to observe# and Lg kappa values (crosses).
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Figure 4.7: Natural logarithms of Lg spectra amplitude ratios versus sediment thickness, averaged
over 8 frequency bands. The thick solid lines indicate the mcewise linear regression model t to
the data. The corresponding 84 percentile and 16 percentiléevels were calculated by adding and
subtracting the regression standard error of estimate to tle means, and are indicated by the dashed

lines. The lower gure is zoomed into a smaller thickness rage for a better view of the transition

thickness (triangle).
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Figure 4.8: Natural logarithms of Lg spectra amplitude ratios (crosses) averaged in 4 successive
frequency bins versus sediment thickness, compared to praded amplitude ratios (dots) based on
equation (4.9) with the k model in equation (4.11). The shaded area shows the 84 perdda and
16 percentile range of the predicted amplitude ratios, basaé on the 16{84 percentile range of thek
model calculated by adding and subtracting the regressiontandard error of estimate to the log-log

data t (Equation 4.10).
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Figure 4.9: Lg spectral ratiosRatio (f; Z ) from equations (4.15) and (4.16) with parameters listed
in Table 4.4 for frequencies less than 2.86 Hz. Higher frequey values are from equations (4.29)
and (4.11). At the bottom, the shaded region indicates the aea bounded by the 16 percentile and

84 percentile levels for the ratio function with di erent sediment thickness.
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Figure 4.10: Uncorrected and corrected Coastal Plain statin residuals and reference station resid-
uals at di erent frequencies plotted versus distance and Castal Plain sediment thickness for the

08 November 2011 earthquake in central Oklahoma.
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Figure 4.11: Same as Figure 4.10 but for the 08 April 2011 Arkasas earthquake.
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Figure 4.12: Same as Figure 4.10 but for the 10 November 2012eiktucky earthquake.
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Figure 4.13: Same as Figure 4.10 but for the 20 October 2011 Xas earthquake.
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Figure 4.14: Same as the last two rows in Figure 4.13 except #t the residuals at reference stations
(open circles) have been corrected for the attenuation e ets of the sediments near the earthquake

source. The sediment thickness at the epicenter is 5.5 km.
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Figure 4.15: Mean residuals as a function of frequency for edoquake numbers 01-06 in Table 4.1.
At each frequency, the mean residual is obtained by averagipall the residuals at the Coastal Plain

stations or at the reference stations respectively.
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Figure 4.16: Same as Figure 4.15 but for earthquake numbers/612 in Table 4.1.
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Figure 4.17: Same as Figure 4.15-4.16 but for earthquake numers 13-17 in Table 4.1.
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Figure 4.18: Mean residuals as a function of frequency for eaquake numbers 10 and 13 in Table
4.1 (located in the Coastal Plain of Texas). At each frequenyg, the mean residual is obtained by
averaging all the residuals at the Coastal Plain stations orat the reference stations respectively.
The residuals at reference stations outside the Coastal Pla have been corrected for attenuation

e ects of the sediments near the source.
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Table 4.1: Earthquakes Used in This Study

event number State Date (mm/dd/yyyy) Latitude ( ) Longitude () Moment Magnitude Depth (km)
01 Arkansas 0408-2011 35261 92:362 386 40
02 Arkansas 1£20=2010 35316 92317 387 50
03 Arkansas 0218=2011 35271 92377 407 80
04 South Carolina 02152014 33813 82063 411 50
05 Kentucky 1¥10=2012 37135 82978 416 140
06 Delaware 1£30=2017 39205 75421 418 30
07 Oklahoma 1613=2010 35202 97:309 433 140
08 Tennessee E12=2018 3561 8474 435 40
09 Texas 0€11-2011 32874 100804 441 50
10 Texas 16202011 28306 98147 459 30
11 Arkansas 0228-2011 35265 9234 465 40
12 Oklahoma 1£05=2011 357 96:703 470 30
13 Texas 0517=2012 31902 94:332 481 50
14 Oklahoma 1£08-2011 35541 96:754 483 80
15 Oklahoma 0803-2016 36429 96:923 555 80
16 Virginia 08-23-2011 37936 77:933 565 a0

17 Oklahoma 1¥06=2011 35537 96:747 565 G0
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Table 4.2: Network Instruments Used in This Study

Network Instrument type Sample rate (sample/s) Number of stations
TA Broadband 40 429
us Broadband 40 13
N4 Broadband 40,100 35
Z9 Broadband 50 35

LD Broadband-short period 40,50,100 6
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Table 4.3: Number of Recordings for Each Earthquake Used in Eh5tudy

Event number Total recordings Coastal Plain recordings Distance rangér)

01 205 101 64 988
02 143 54 199 996
03 111 27 64 816
04 131 69 67 1000
05 157 92 218 996
06 41 8 170 986
07 156 56 39 898
08 97 26 68 991
09 127 77 112 897
10 67 45 33 893
11 167 71 66 900
12 217 111 24 998
13 138 68 34 997
14 193 99 25 900
15 35 13 116 964
16 25 17 434 893

17 220 109 26 984
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Table 4.4: Linear Regression Coe cients of Natural Logaritims of Lg Fourier Spectra Am-

plitude Ratios as a Function of Sediment Thickness in Kilorers

Thickness range Z) (km) 0<Z Z Z2>7Z,
Center frequency (Hz)| Zo (km) | a; by a b, Error in a, | Error in by
0.1 2.5 0.0 | 0.2449| 0.4585| 0.0615 0.0749 0.0092
0.3 0.8 0.0 | 1.0059| 0.7935| 0.0140 0.0400 0.0062
0.56 0.35 | 0.0| 2.4482| 0.8624| -0.0158| 0.0381 0.0062
0.76 0.2 0.0| 3.4803| 0.7077| -0.0584| 0.0373 0.0063
1.06 0.13 | 0.0] 3.2598| 0.4348| -0.0844| 0.0386 0.0066
1.46 0.07 | 0.0| 4.1536| 0.2992| -0.1202| 0.0401 0.0070
2.06 0.06 | 0.0] 3.7848| 0.2362| -0.1520, 0.0423 0.0075
2.86 0.06 | 0.0]1.5930| 0.1056| -0.1662| 0.0458 0.0083
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Table 4.5: Linear Regression Coe cients of Natural Logaritims of Lg Fourier Spectra Am-

plitude Ratios as a Function of Sediment Thickness in Kilomers at the 84 percentile level

Thickness range Z) (km) 0<Z Z Z2>7Z,
Center frequency (Hz)| Zo (km) | a; b, a b,

0.1 2.5 0.0| 0.4916 | 1.0751| 0.0615

0.3 0.8 0.0 1.8011 | 1.4297| 0.014

0.56 0.35 | 0.0| 4.4646 | 1.5681| -0.0158

0.76 0.2 0.0| 7.2294 | 1.4576| -0.0584

1.06 0.13 | 0.0| 9.3909 | 1.2318| -0.0844

1.46 0.07 | 0.0| 16.1138| 1.1364| -0.1202

2.06 0.06 | 0.0| 18.444 | 1.1158| -0.152

2.86 0.06 | 0.0| 17.2875| 1.0472| -0.1662
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Table 4.6: Linear Regression Coe cients of Natural Logaritims of Lg Fourier Spectra Am-

plitude Ratios as a Function of Sediment Thickness in Kilonmers at the 16 percentile level

Thickness range Z) (km) 0<Z Z Z2>7Z,
Center frequency (Hz)| Zo (km) | a; b, a b,
0.1 2.5 0.0| -0.0017 | -0.1581| 0.0615
0.3 0.8 0.0| 0.2107 | 0.1574| 0.014
0.56 0.35 | 0.0| 0.4317 | 0.1566 | -0.0158
0.76 0.2 0.0| -0.2688 | -0.0421| -0.0584
1.06 0.13 | 0.0| -2.8713| -0.3623| -0.0844
1.46 0.07 | 0.0| -7.8067 | -0.5381| -0.1202
2.06 0.06 | 0.0|-10.8744| -0.6433| -0.152
2.86 0.06 | 0.0|-14.1015| -0.8361| -0.1662
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Table 4.7: Seismic stations in the Coastal Plain

Station Name Latitude ( ) Longitude () Depth to Basement (km)

EO02 29443 820674 107
E13 31223 820919 134
E15 313632 820969 1324
E17 315016 820986 1322
E18 315665 820996 1334
E19 316177 821113 1325
E20 316967 820796 1283
E21 31738 82071 125
E22 318477 820899 1215
E23 318887 820737 1194
E24 319445 82097 1197
E25 319918 821135 1184
E26 320979 820991 1145
E27 322362 821091 1048
E28 323359 820967 0981
E29 324908 821032 0863
E30 326958 821091 0678
E31 329866 82107 044
JCT 30:4794 99:8022 0145
NATX 31:7598 94:661 4918
OXF 34:5118 894092 0601
TIGA 31:4389 835898 1504
U45A 363481 887635 0244
V44A 358282 89.8954 0828
V45A 357403 889591 0251

VBMS 32:2185 90:5177 7016
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Station Name Latitude ( ) Longitude () Depth to Basement (km)

w02 305774 83:8902 2482
W05 312724 838978 179
W06 314486 83:895 1644
wWOo7 31611 83911 1429
w11l 319587 83:9083 107
W12 320095 838885 1011
W13 32055 838933 0924
W15A 32138 83:8985 0815
W16 321794 838841 0751
W17 322427 839045 0724
W19 323132 839064 0543
w20 323665 839198 0493
w21 32404 838587 0432
w22 324492 838973 0355
w23 325234 83:886 0301
w24 326437 83897 0136
WA42A 352732 91:5224 0321
WA45A 351568 89186 Q337
W45B 351568 89186 Q337
WG58A 350208 792333 0092
W59A 351673 78443 Q09
WG60A 350528 777133 0277
WHTX 31:9913 97.4561 029
X42A 34:5532 91:6262 1112
X44A 34:4998 90:1462 1109

X45A 344241 893931 1142
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Station Name Latitude ( ) Longitude () Depth to Basement (km)

X57A 344643 80:.094 0148
X58A 34:5548 79.3388 0152
X59A 34572 786023 0153
X60A 345773 779768 0257
Y35A 339059 97.0374 0129
Y36A 33:8996 96:2848 0416
Y37A 339789 95.621 0415
Y38A 339278 947311 0218
Y39A 33938 94:0936 0508
Y40A 340124 932798 0617
Y41A 338807 926113 1149
Y42A 338364 917871 1577
Y43A 339121 90:9285 3046
Y45A 338656 895431 1106
Y57A 34017 80:3915 021

Y58A 339057 79.6665 0316
Z34A 333712 97.9158 001

Z35B 333309 97:253 0284
Z36A 332702 964344 1187
Z37A 331981 956229 3146
Z38A 332599 949851 3116
Z38B 332599 94:9852 3116
Z39A 332418 94:1822 2112
ZA0A 332584 93:3995 2078
ZA1A 332577 92803 2562
ZA42A 332739 91:9474 2039
ZA3A 3321 91:2441 2539

ZAS5A 333705 896913 1113
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Station Name Latitude ( ) Longitude () Depth to Basement (km)

Z46A 331933 889414 1125
Z55A 332211 821359 0281
Z56A 333253 81:3687 0328
136A 324746 96:5297 2113
137A 325973 957559 4141
138A 326604 950887 4143
139A 326795 94:3927 3059
140A 326408 93574 3056
141A 326046 929049 4091
142A 325488 91:9457 4023
143A 327032 91:4036 203

144A 326304 90:4226 4078
145A 326035 899287 3093
146A 326368 890573 1164
146B 326368 890573 1164
153A 326499 838316 022

154A 326131 831066 0445
155A 326219 824665 0636
157A 32678 80:9972 0829
230A 318878 101112 Q02

232A 31888 99:6469 001

233A 320179 98:8998 001

234A 32004 981368 0146
236A 319997 96:531 1868
237A 320015 95:8084 6126
237B 320015 958084 6126

238A 320034 951203 5126
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239A 320179 944707 31
240A 320387 937626 3119
241A 320227 929188 6059
242A 320617 921521 5057
244A 320422 90:6856 7059
245A 320322 89.8958 5104
252A 319962 84.7357 0779
254A 319457 83:2905 1063
255A 319263 824758 111
256A 319799 81:8878 1177
257A 319746 810261 1194
331A 313085 100427 Q005
334A 313325 982379 0157
335A 312819 974271 0417
337A 313159 95:8854 765
338A 313567 953106 1637
339A 313331 94:556 5082
340A 314167 93:8896 3057
341A 313334 931681 8093
342A 313747 923249 10037
343A 312839 91:6169 10015
344A 314527 90:7318 11078
344B 314527 90:7319 11078
345A 31308 90:0309 9134
352A 314793 84:9274 1465

353A 313474 84:2172 1577
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355A 313438 828518 1283
356A 313247 821275 133
435B 307827 97:585 0548
436A 307702 96:796 4359
438A 3075 954741 8097
439A 307937 94:766 709
440A 307456 93:9587 8059
441A 307498 931898 9053
441B 307498 931898 9053
442A 307119 924314 12015
444A 307153 90:7463 1104
445A 307303 90:338 10051
533A 300718 990351 0274
534A 300284 984753 0236
538A 302219 9549 11059
539A 301084 94:7236 11015
540A 302093 939796 1101
541A 300596 931875 120
542A 301247 925513 11999
543A 300856 91:8557 12004
633A 294591 991766 072
636A 29481 97.057 909
638A 294193 954481 12008
733A 287192 992939 5169
734A 288473 985576 3121
735B 288553 97.8082 1009
736A 28955 97.0673 10045
737A 287639 96:4402 12011

833A 283236 99:3939 8171




